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Abstract
The Galápagos Cold Pool (GCP) is a region of anomalously cold sea surface temperature
(SST) just west of the Galápagos Archipelago. Modeling studies have shown that the GCP
is maintained by wind- and current-driven upwelling. The Galápagos Archipelago lies on
the equator, in the path of the Pacific Equatorial Undercurrent (EUC) as it flows eastward
across the Pacific at the depth of the thermocline. It is hypothesized that the EUC upwells
into the GCP as it reaches the topographical barrier of the Galápagos Archipelago. The
path of the EUC in the vicinity of the archipelago is not well understood. The ‘Repeat Ob-
servations by Gliders in the Equatorial Region’ (ROGER) program deployed a fleet of Spray
autonomous underwater gliders in the region just west of the Galápagos Archipelago from
2013 – 2016 with the goal of continuously occupying three transects that form a closed area,
with the archipelago as the eastern boundary. Gliders obtained subsurface measurements
of temperature, salinity, and velocity with unprecedented temporal and spatial resolution.
These measurements are used to observe the path of the EUC as it bifurcates into a north
and south branch around the Galápagos Archipelago. Net horizontal transport into the
volume defined by the closed area formed by the glider transects is used to estimate an
average vertical velocity profile in the region of the GCP, indicating upwelling in the upper
300 m. The bifurcation latitude of the EUC, estimated to be approximately 0.4∘S from
volume transport as a function of salinity, is coincident with the meridional center of the
archipelago, suggesting the bifurcation latitude is topographically controlled. Ertel poten-
tial vorticity and a Bernoulli function are qualitatively conserved, supporting an inertial
model of the EUC. Average spectral variance from Argo profiling float observations is used
to show that tropical instability waves propagate with frequency and wavelength consistent
with linearized, equatorial 𝛽-plane model results and may impact the GCP, according to
their vertical structure.
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Introduction
The Galápagos Cold Pool (GCP) is a region of anomalously cold sea surface temperature
(SST) that exists just west of the Galápagos Archipelago (Figure 0-1). The GCP supports
the unique ecosystem of the Galápagos Archipelago by bringing high-nutrient, upwelled
waters to the surface where it supports a wide-range of endemic species (e.g., Karnauskas
et al., 2015). This region of cool SST reaches 300-500 km westward from the west coast
of Isla Isabela (91∘W) and extends along the meridional extent of the archipelago. The
GCP exists due to wind- and current-driven upwelling (Palacios, 2004; Sweet et al., 2007).
Houvenaghel (1978) showed that the GCP is maintained even during periods of light and
variable winds, indicating that additional sources of upwelling must exist, such as upwelling
of the Pacific Equatorial Undercurrent (EUC).
The EUC is a coherent, eastward flow with a maximum speed near 1 m s−1 first doc-
umented by Cromwell et al. (1954). It originates in the western Pacific at a depth of 200
m and shoals to a depth of 50 m as it arrives at the Galápagos Archipelago in the eastern
Pacific (Johnson et al., 2002). The EUC is the result of the zonal momentum balance across
the equatorial Pacific, driven by the depth-integrated zonal pressure gradient that results
from easterly trade winds (e.g., Charney , 1959; Charney and Spiegel , 1971; Pedlosky , 1987a;
Johnson and Luther , 1994; Qiao and Weisberg , 1996). The average position of the EUC core
is near 0.2∘S and 50 m depth and extends meridionally beween about 2∘S-1∘N and vertically
from the surface to 200 m (Qiao and Weisberg , 1996; Johnson et al., 2002).
The Galápagos Archipelago lies on the equator in the eastern equatorial Pacific Ocean,
directly in the path of the EUC (Figure 0-2). As the EUC reaches the topographic boundary
of the Galápagos Archipelago, upwelling in the region of the GCP may result, as suggested
by the modeling results of Liu et al. (2014). Potential upwelling of the EUC is dependent
on the path of the EUC with respect to the Galápagos Archipelago (Houvenaghel , 1978;
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Figure 0-1: Average sea surface temperature (SST) in the the region around the Galápa-
gos Archipelago during 2013–2016 and individual profiles from Spray glider missions west
of the Galápagos Archipelago obtained during the ROGER program (black dots). Daily
SST data are from the Group for High Resolution Sea Surface Temperature (GHRSST) at
1/4∘×1/4∘ horizontal resolution (Reynolds et al., 2007; National Centers for Environmental
Information, 2016).
Liu et al., 2014); however, the fate of the EUC when it reaches the Galápagos Archipelago
is largely unknown. Previous observations of the EUC as it reaches the archipelago have
been limited to relatively sparse shipboard observations of velocity, temperature, salinity,
and pressure (e.g., Knauss, 1966; Lukas, 1986).
The equatorial current system, including the EUC, South Equatorial Current (SEC), and
North Equatorial Countercurrent (NECC), result in regions of high vertical and horizontal
shear. This shear results in barotropic and baroclinic instabilities that generate westward
propagating Tropical Instability waves (TIWs) (e.g., Philander , 1976, 1978; Johnson and
Proehl , 2004; Qiao and Weisberg , 1995). Lyman et al. (2005) showed that TIWs can be
described as a resonance between two Rossby waves using a linearized model of the central
Pacific Ocean. TIWs have been observed across the equatorial Pacific with periods between
15 and 50 days and wavelengths of 700–1300 km (e.g., Wunsch and Gill , 1976; Périgaud ,
1990; Farrar and Weller , 2006; Lyman et al., 2007; Lee et al., 2012), including near the
region of the GCP (Harvey and Patzert , 1976). Due to their proximity to the Galápagos
Archipelago, TIWs have the potential to impact the GCP directly or through interaction




Figure 0-2: Schematic of the EUC (white) originating in the western Pacific Ocean and
arriving at the Galápagos Archipelago. Credit: Eric S. Taylor, WHOI Creative Studio
The ‘Repeat Observations by Gliders in the Equatorial Region’ (ROGER) program de-
ployed a fleet of Spray autonomous underwater gliders (Sherman et al., 2001; Rudnick et al.,
2016) along three survey lines just west of the Galápagos Archipelago between 2013 and
2016. One of the primary goals of the ROGER program was to better observe and un-
derstand the fate of the EUC in this region. These gliders provided unprecedented, high
resolution O(5 km) observations of temperature, salinity, and absolute velocity as a function
of pressure to a depth of 1000 m. Absolute velocity measurements were obtained using small
acoustic Doppler current profilers (ADCPs), mounted on the gliders, that can be combined
with the depth averaged velocity obtained from positions at the start and end of a dive(Todd
et al., 2017). Observations of subsurface current velocity eliminate the need for estimating
geostrophic velocity from density observations, which is particularly important at the equa-
tor where geostrophy does not apply due to vanishing of the Coriolis parameter. Three glider
tracks were designed to observe the path of the EUC and encompass the GCP, based on the
modeling results of Karnauskas et al. (2010). Together with the eastern boundary of Isla
Isabela, they form a closed horizontal area (Figure 0-1). These unprecedented, simultaneous
measurements of subsurface current velocity, temperature, and salinity allows us to estimate
volume transport, area-averaged vertical velocity, volume transport as a function of salinity,
and Ertel potential vorticity in the region between 93∘W and the Galápagos Archipelago
over timescales ranging from two months to three years.
The Argo program (Riser et al., 2016) provides global measurements of subsurface tem-
perature and salinity by deploying autonomous profiling floats worldwide. Argo floats pas-
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Figure 0-3: Schematic of a Spray glider completing a latitude-depth transect measuring
zonal velocity from 2∘N to 2∘S latitude along 93∘W longitude, where depth is in meters and
the length of the transect is approximately 440 km. Red is eastward velocity. Credit: Eric
S. Taylor, WHOI Creative Studio
sively drift through the ocean at a designed parking depth of 1000 m for ten days, descend
to 2000 m, and then profile from 2000 m to the surface. Argo data is available since the
year 2000 with floats added to the global array every year. The equatorial Pacific retains
coverage due to an increased effort to deploy floats in the region (Gasparin et al., 2015).
This thesis addresses the following primary questions:
∙ What is the fate of the EUC as it reaches the Galápagos Archipelago?
∙ What mechanisms contribute to the existence of the persistent, anomalously cold SST
of the GCP?
∙ What can high resolution observations tell us about the potential vorticity field asso-
ciated with the equatorial current system in the region of the GCP? Are conditions in
this region conducive to instability?
∙ What is the observed three-dimensional structure of TIWs across the equatorial Pa-
cific?
In Chapter 1, we examine the bifurcation of the EUC into a north and south branch
around the Galápagos Archipelago using high resolution, subsurface glider measurements
of current velocity, temperature, and salinity. The branches of the EUC transport nearly
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all of the total EUC volume around the archipelago, while a small fraction of EUC water
upwells into the GCP. Volume transport as a function of salinity class provides an estimate
of the bifurcation latitude of the EUC and quantifies the hydrographic properties of the two
branches in comparison with the incoming EUC. Volume transport from glider observations
along each line is estimated and summed to find the net volume transport into the volume
defined by the glider tracks. We then estimate an average vertical velocity profile over
the closed area defined by the three glider lines and Isla Isabela from integrating the net
horizontal transport profile estimate. The vertical velocity profile and horizontal volume
transport estimates provide insight into the mechanisms maintaining the anomalously cold
SST of the GCP. Net upwelling over the upper 300 m can not be explained by a slowing
down of the EUC and is most likely due to a meridional divergence over the upper 300 m,
which is consistent with observed meridional velocities along 93W.
Chapter 2 focuses on Ertel potential vorticity (Ertel , 1942; Schubert et al., 2004) and a
Bernoulli function (Cushman-Roisin and Beckers, 2011) associated with the average position
of the EUC. Glider observations provide unprecedented, high-resolution estimates of the
relative vorticity in this region. Pedlosky (1987a) showed that an inertial model of the
equatorial region results in an eastward, EUC-like current on the equator, assuming EPV
and the Bernoulli function are conserved along streamlines in the steady-state case. As Spray
gliders are able to obtain velocity, temperature, and salinity measurements, we consider
whether estimated sections of potential vorticity and the Bernoulli function are likely to be
conserved in the real ocean.
In the absence of shear, the sign of Ertel potential vorticity is consistent with the sign
of the Coriolis parameter on either side of the equator (Gill , 1982). Stevens (1983) showed
that, in an equatorial 𝛽-plane model, it is possible to have Ertel potential vorticity with
sign opposite to that of the Coriolis parameter in the region between the equator and a jet
centered off the equator. This model approximately describes the EUC, which is centered
near 0.5∘S. Further, estimates of Ertel potential vorticity from glider measurements provide
insight into the oceanic process that could result due to advection of EUC waters north
and south of the Galápagos Archipelago as the EUC bifurcates into two branches. When
Ertel potential vorticity has sign opposite to that of the Coriolis parameter, conditions
may be conducive to inertial, symmetric, or gravitational instability (Thomas et al., 2013).
Glider observations are used to estimate possible e-folding timescales of such instabilities
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and discuss possible limitations of these estimates.
To understand how TIWs may impact the GCP, we examine the three-dimensional signal
of TIWs in Chapter 3. The surface expression of TIWs is well observed; however, the
subsurface expression is less well known. If TIWs extend to the depth of the EUC or below,
they may impact the GCP through modulation of the EUC or by inducing vertical velocity
just west of the Galápagos Archipelago. A gridded Argo product from Roemmich and Gilson
(2009) provides temperature and salinity observations across the equatorial Pacific to a depth
of 2000 m. The resolution of the Roemmich and Gilson (2009) is sufficient to resolve TIWs
with periods greater than 20 days. Chapter 3 estimates spectral variance of temperature,
salinity, and potential density from Argo observations in the TIW band across the equatorial
Pacific and between the surface and 200 m. It then compares three-dimensional spectral
variance of temperature, salinity, and potential density to dispersion curves and meridional
modes from a 1.5-layer, equatorial 𝛽-plane model linearized about a mean zonal velocity and
to the results of Lyman et al. (2005). Vertical structure is compared to baroclinic vertical
modes and the average stratification (𝑁2 profile).
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Chapter 1
Bifurcation and Upwelling of the
Equatorial Undercurrent West of the
Galápagos Archipelago
A version of this work has been submitted to the Journal of Physical Oceanography for
consideration for publication as: Jakoboski, J. K., Todd, R. E., Owens, W. B., Karnauskas,
K. B., and Rudnick, D. L. Bifurcation and Upwelling of the Equatorial Undercurrent West
of the Galápagos Archipelago
Abstract
The Equatorial Undercurrent (EUC) encounters the Galápagos Archipelago on the equator
as it flows eastward across the Pacific. The impact of the Galápagos Archipelago on the
EUC in the eastern equatorial Pacific remains largely unknown. In this study, the path of
the EUC as it reaches the Galápagos Archipelago is measured directly using high-resolution
observations obtained by autonomous underwater gliders. Gliders were deployed along three
lines that define a closed region with the Galápagos Archipelago as the eastern boundary
and 93∘W from 2∘S to 2∘N as the western boundary. Twelve transects were simultaneously
occupied along the three lines during 52 days in April – May 2016. Analysis of individual
glider transects and average sections along each line show that the EUC splits around the
Galápagos Archipelago. Average velocity normal to the transects is used to estimate net
horizontal volume transport into the volume, which results in a net horizontal divergence
within the volume. Downward integration of the net horizontal transport profile provides
an estimate of the time-average, areal-average vertical velocity profile over the 52 day time
period. Local maxima in vertical velocity occur at depths of 25 m and 280 m with magnitudes
of (1.7 ± 0.6) × 10−5 m s−1 and (8.0 ± 1.6) × 10−5 m s−1, respectively. Volume transport
as a function of salinity indicates that water crossing 93∘W south (north) of 0.4∘S tends to
flow around the south (north) side of the Galápagos Archipelago. Comparisons are made
between previous observational and modeling studies with differences attributed to effects of
the strong 2015 – 2016 El Niño event, the annual cycle of local winds, and varying longitudes
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between studies of the equatorial Pacific.
1.1 Introduction
The Galápagos Archipelago lies on the equator in the path of the eastward flowing Pacific
Equatorial Undercurrent (EUC). The Galápagos Cold Pool (GCP) is a region of nutrient-
rich, anomalously cool sea surface temperature (SST; Figure 1-1) just west of the Galá-
pagos Archipelago that is characterized by wind- and current-driven upwelling (Palacios,
2004; Sweet et al., 2007). The GCP spans roughly the meridional extent of the Galápagos
Archipelago and extends 300 – 500 km westward from Isla Isabela at 91∘W (Houvenaghel ,
1978). Sources of upwelling associated with the GCP and possible connections to the EUC
are not well understood.
Three distinct processes cause upwelling in the vicinity of the Galápagos Archipelago.
Eastward trade winds drive horizontally divergent surface flow in two ways: 1) Ekman diver-
gence due to the change in sign of the Coriolis parameter at the equator; and 2) downwind
transport in the lee of the islands, which we refer to as ‘wind-driven coastal upwelling’ despite
differences from Ekman-driven coastal upwelling away from the equator. The third process
can occur when a sub-surface current encounters a sloping bottom or coast, which we will
call ‘topographic upwelling’. Houvenaghel (1978) showed that upwelling associated with the
GCP continues even when wind patterns are light and variable, suggesting that this is likely
primarily topographic upwelling of the EUC as it reaches the Galápagos Archipelago. Liu
et al. (2014) predicted the occurrence of both wind-driven and topographic upwelling of the
EUC at the Galápagos Archipelago. Karnauskas et al. (2007) show that the GCP emerges
without wind-topography interactions, indicating the presence of topographic upwelling.
Previously, equatorial upwelling and its connection to the EUC were examined using
a box model from 170∘E to 100∘W by Wyrtki (1981) and using mooring observations at
140∘W (Weisberg and Qiao, 2000) and 170∘ – 95∘W (Johnson et al., 2001). Vertical velocity
profiles from Weisberg and Qiao (2000) and Johnson et al. (2001) show similar shape with
upwelling (positive vertical velocity) above 150 m depth that is significantly different from
zero above 50 m. However, it is expected that upwelling just west of Galápagos Archipelago
differs from general equatorial Pacific upwelling due to the presence of the archipelago, as
indicated by the presence of the GCP.
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Figure 1-1: (a) SST in the equatorial Pacific during 6 April – 31 May 2016 with the region
around the Galápagos Archipelago enlarged (b) to show the GCP. (c) SST anomalies during
April – May 2016 relative to the 2004 – 2016 climatology. Daily SST data are from the Group
for High Resolution Sea Surface Temperature (GHRSST) provided with 1/4∘ × 1/4∘ hori-
zontal resolution (Reynolds et al., 2007; National Centers for Environmental Information,
2016).
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The EUC is a relatively high velocity (∼ 1 m s−1), subsurface, coherent flow moving
eastward along the equator at the depth of the thermocline. It was first documented by
Cromwell et al. (1954) using taut-wire buoy observations. EUC dynamics can be described
by a non-linear, inertial model driven by a depth-integrated zonal pressure gradient set
up by a westward wind stress (e.g., Charney , 1959; Charney and Spiegel , 1971; Pedlosky ,
1987a; Johnson and Luther , 1994; Qiao and Weisberg , 1996). The EUC core shoals, fol-
lowing the thermocline, from a maximum depth of about 150 m in the western Pacific to a
minimum depth of approximately 50 m as it approaches the Galápagos Archipelago in the
east (Johnson et al., 2001). The observed EUC has an estimated meridional extent of about
2∘ of latitude centered near 0.5∘S, and a vertical extent of 200 m (Qiao and Weisberg , 1996;
Johnson et al., 2002).
The strength of the EUC varies on a range of time scales. On seasonal scales, the EUC
tends to be weaker from October through February, and stronger from April to August
(Wyrtki and Meyers, 1977; Johnson et al., 2002; Karnauskas et al., 2010). During El Niño
years, the EUC is significantly weakened (Johnson et al., 2002), with the exception of the
passage of Kelvin waves (Roundy and Kiladis, 2006). Firing et al. (1983) show that this
weakening can lead to a near reversal of the EUC, analogous to the atmospheric weakening
of the Walker circulation associated with El Niño events (Bjerknes, 1969; Lau and Yang ,
2015). During strong El Niño events, trade winds tend to decrease or reverse, which in turn
decreases the zonal pressure gradient at the equator that drives the EUC.
The EUC has been observed at the depth of the thermocline with a broadening of the
thermocline at the location of the EUC core due to geostrophic behavior associated with
relatively high zonal velocities (e.g., Lukas, 1986; Johnson et al., 2002). These studies also
show a high salinity tongue extending into the EUC core from the south at the depth of
the thermocline. This high salinity water originates in the subtropcial South Pacific and
is transported toward the equator by multiple pathways (e.g., Knauss, 1966; Johnson and
McPhaden, 1999; Liu et al., 2014).
Few studies have attempted to characterize the path of the EUC around the Galápa-
gos Archipelago, and related details of the eastern equatorial Pacific circulation remain
unclear (Kessler , 2006). Previous subsurface observations in the eastern equatorial Pacific
consist mostly of relatively sparse shipboard ADCP data (e.g., Karnauskas et al., 2010),
since the TAO array (Hayes et al., 1991) does not extend east of 95∘W. Lukas (1986)
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used hydrographic data to show that the high salinity tongue associated with the EUC
remains intact east of the Galápagos Archipelago as far as 82∘W. Lukas (1986) also esti-
mated geostrophic flow from dynamic topography, finding that the EUC splits around the
Galápagos Archipelago with eastward flowing branches north and south of the islands. In
a regional model, Karnauskas et al. (2007) showed that SST across the Eastern Equatorial
Pacific is influenced by the presence of the Galápagos Archipelago, which impacts the EUC
and characteristics of ENSO events (Karnauskas et al., 2008).
Here we use autonomous underwater glider observations from the ‘Repeat Observations
by Gliders in the Equatorial Region’ (ROGER) program to diagnose the flow of the EUC
around the Galápagos Archipelago and to estimate areal-averaged upwelling between 93∘W
and the Galápagos Archipelago for a two-month period during which the region was well
sampled. Section 1.2 describes the ROGER program and the glider observations used here.
Section 1.3 presents average velocity fields (Section 1.3.1), describes the characteristics of
horizontal volume transport associated with the EUC (Section 1.3.2) and provides an esti-
mated time average, areal-averaged vertical velocity profile (Section 1.3.3). Volume trans-
port by salinity class is analyzed in Section 1.3.4 to determine the latitude along 93∘W where
a split of the EUC around the Galápagos Archipelago may occur. Section 1.4 summarizes
the results, their implications, and potential for future study.
1.2 Observations and Methods
ROGER used a fleet of Spray gliders (Sherman et al., 2001; Rudnick et al., 2016) to observe
the equatorial current system in the region west of the Galápagos Archipelago. From Jan-
uary 2013 through December 2016, a total of 19 glider missions surveyed along three lines
bounding a region (hereafter referred to as 𝐴gl) to the west of the Galápagos Archipelago
(Figure 1-2a, dashed black lines). The fourth side of 𝐴gl (Figure 1-2a, magenta line) consists
of Isla Isabela, the largest of the Galápagos Islands. The three glider survey lines were: 1)
the northern diagonal (hereafter referred to as ND), between the northwestern corner of Isla
Isabela and 93∘W, 2∘N, 2) 93∘W from 2∘N to 2∘S (referred to as 93W), and 3) the southern
diagonal (SD), between 93∘W, 2∘S and the southwestern corner of Isla Isabela. The sam-
pling pattern was designed to capture the path of the EUC as it approaches the Galápagos
Archipelago, guided by the modeling results of Karnauskas et al. (2010).
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Figure 1-2: (a) Trajectories of Spray glider missions west of the Galápagos Archipelago that
are included in the analysis. Individual profiles from transects within 30 km of ND (blue),
93W (red), and SD (green) are shown in color. Dashed black lines indicate the three lines
that the gliders occupied, defining the area of interest (𝐴gl). The magenta line connecting
the eastern endpoints of ND and SD is the 300 m depth contour used to calculate 𝐴gl. The
total number of profiles along each line is shown in the legend. (b) Sampling along ND
(blue), 93W (red), and SD (blue) as a function of time and latitude.
For closure of transport calculations, all three survey lines need to be occupied simulta-
neously and only fully occupied lines can be used to calculate transport for each transect.
This limits our analyses to the period between 6 April 2016 and 31 May 2016 during which
time four gliders surveyed the region (Figure 1-2). Gliders were deployed from oceano-
graphic research vessels of the Ecuadorian Instituto Oceanográfico de la Armada near the
south coast of Isla Isabela on 30 March 2016. Two missions followed SD toward 93∘W, sub-
sequently occupying 93W. One mission each repeated transects along ND and SD. The four
gliders were retrieved west of Isla Isabela on 20 July 2016. Three transects were completed
along 93W, two of which were nearly coincident; ND and SD were occupied 5 and 4 times,
respectively (Figure 1-2b) between 6 April 2016 and 31 May 2016.
Each glider was equipped with a Sea-Bird SBE 41CP conductivity-temperature-depth
sensor (CTD), a Seapoint chlorophyll fluorometer, and a 1-MHz Nortek AD2CP Doppler
current profiler (Todd et al., 2017). All instruments sampled during the ascending portion
of each glider dive from a maximum depth of 1000 m to the surface. CTD and fluorometer
measurements were averaged to 10-m vertical resolution after post-processing and quality
control. Vertical profiles of absolute horizontal velocity at 10-m resolution were estimated
following Todd et al. (2017). An example transect (Figure 1-3) resolves major features
26
Figure 1-3: Sections of (a) zonal velocity, (b) meridional velocity, (c) potential temperature,
and (d) salinity in the upper 1000 m from one southbound transect along 93W from 29 April
to 23 May 2016. Isopycnals (kg m−3) are shown in gray.
of the local equatorial current system, including a well-defined EUC core with maximum
eastward velocity near 1 m s−1, a relatively strong westward surface flow north of the equator
associated with the South Equatorial Current (SEC) and weaker meridional velocities.
Errors in temperature and salinity are small relative to the expected signal after quality
control of individual measurements (Rudnick and Cole, 2011). Obviously faulty observations
due to instrument failure were flagged and excluded. The glider CTDs are highly accurate
(Rudnick and Cole, 2011), calibrated periodically at Sea-Bird, and checked prior to each
mission using a transfer standard in the lab. Salinity and density observations are not
available along ND during this time due to a CTD failure.
Estimated error associated with depth-average velocity measurements is 0.01 − 0.02 m
s−1 (Rudnick et al., 2018), small compared with typical O(1 m s−1) EUC velocities. Error
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Figure 1-4: (a) Profiles of velocity variance for each ROGER glider mission (gray) with the
missions analyzed here highlighted in blue. (b) Histogram of RMS errors (Equation 1.1) for
each of the 15 glider missions that sampled to 1000 m.
in depth-average velocity sets the absolute accuracy of velocity profiles (Todd et al., 2017).
To estimate depth dependent velocity errors, Todd et al. (2017) compared velocity profiles
from two earlier ROGER glider missions that crossed paths three times while simultaneously
occupying 93W. The root-mean-square (RMS) difference was between 0.07 and 0.09 m s−1
for those three crossings. RMS error of horizontal velocity for an individual profile reaches a
minimum near the middle of the profile as a result of constraining velocity profiles to match
measured depth-average velocity (Visbeck , 2002) and increases with decreasing scatterers
at depth. We assume that variance in the ocean should not increase with depth after a
minimum value is reached. Following Todd et al. (2017), profiles of velocity variance for 16
similarly equipped ROGER glider missions deployed along ND, 93W, and SD (April 2014
– May 2016) have minimal increase at 1000 m depth, with slight increases corresponding to
two missions used in this analysis (Figure 1-4a).
RMS errors for all ROGER missions that sampled to 1000 m are calculated as
𝜎rms =
√︁
𝜎21000m − 𝜎2𝑧0 (1.1)
where 𝑧0 is the depth of minimum variance for each mission (average 𝑧0 = 676 m) and 𝜎2
is the variance over the length of the mission. RMS errors are sufficiently small (0.05 − 0.1
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m s−1; Figure 1-4b) to capture the velocities of interest in this study. These estimates
are smaller than those of Todd et al. (2017) due to minor updates in post processing, par-
ticularly changes to quality control thresholds that admit a greater number of individual
measurements of current velocity relative to the gliders. All further analyses include only
observations obtained between 6 April 2016 and 31 May 2016.
1.3 Results
1.3.1 Velocity Observations along Transects
Average transects of flow across (normal to) and along 93W, SD, and ND during 6 April
2016 – 31 May 2016 are constructed by rotating velocities, gridding and smoothing individual
transects, and finally averaging transects. Velocities below 300 m are small (< 0.1 m s−1),
consistent with Figures 1-3a and 1-3b, and are not considered further. Velocities for each
transect along the three lines are gridded onto on a 15-km horizontal grid using a Gaussian
weighted average of the nearby data in order to smooth high frequency variability. Following
Rudnick et al. (2017), the Gaussian weighting function 𝑊 (𝑦) is






where 𝑑 is the along-track position of a grid point, 𝐿 = 15 km is the chosen scale of the
Gaussian weight, and 𝑦 is along-track position of a measurement. The Gaussian scale is
chosen based on the frequency spectrum of normal velocity at 50 m depth of all transects,









where 𝑣(𝑑) represents gridded velocity (or other gridded field) and summation is over the
𝑚 observations within 80 km of the grid point, beyond which 𝑊 (𝑦) < 0.001. Time average
velocity is obtained by taking the average of all transects along each line. We assume that
individual transects, lasting 10–20 days, are statistically independent and can be weighted
equally, with the exception of those along 93W. Since two transects occur at nearly the same
time along 93W (Figure 1-2), we use a weighted average for 93W transects, giving twice the
weight to the first transect. Standard error estimates of the average sections of velocity are
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included in Appendix 1.A.
Average velocity normal to 93W during April – May 2016 (Figure 1-5a) shows a clear
EUC core with eastward flow peaking near 0.9 m s−1 at 50 m depth and 0.7∘S. Measured
near the end of the 2015 – 2016 El Niño, this velocity is higher than the El Niño average
calculated by Johnson et al. (2002), but lower than the La Niña average or the general
long term average. During this time, the EUC core (normal velocity > 0.3 m s−1) extends
roughly from the surface to 180 m depth and from 1.25∘S to 0.5∘N. North of the EUC, the
westward SEC has a maximum velocity of 0.7 m s−1 and extends vertically from the surface
to a depth of 75 m and meridionally from 0.5∘N through the end of the line at 2∘N based on
westward velocities greater than 0.1 m s−1. These observations are consistent with previous
studies of the equatorial current system along 95∘W (Johnson et al., 2001, 2002).
Normal velocities along the two diagonals during April – May 2016 show the bifurcation
of the EUC around the Galápagos Archipelago. Regions of high velocity out of the control
volume (𝑉gl, defined by 𝐴gl, the 0 m and 300 m depth surfaces) are found across ND and
SD (Figure 1-5b) on both sides of the Galápagos Archipelago. The magnitude of maximum
velocity out of the volume is 0.5 m s−1 along both ND and SD at depths of 60 m and 70
m respectively, indicating that the speed of the EUC core decreases as the EUC branches
around the Galápagos Archipelago, consistent with the results of Karnauskas et al. (2010).
The southern branch of the EUC extends from the surface to about 150 m depth, with
some weaker flow (< 0.2 m s−1) reaching 300 m. The northern branch extends from the
surface to 200 m, with very little flow below that. Thus, the decrease in maximum velocity
along the two diagonals is also associated with increased vertical extent. The flow between
the Galápagos Archipelago and 93∘W across SD is dominated by the EUC branching around
the south side of the archipelago with negligible flow into 𝑉gl. Across ND, the north branch
of the EUC is at a maximum close to the archipelago while flow reverses across ND north
of 0.75∘N where the SEC dominates.
Although our focus is velocity normal to each transect for the purpose of estimating
volume transport, we note that tangential (along-track) velocity (Figure 1-9) is consistent
with the behavior of tropical cells modeled by McCreary and Lu (1994). Near the surface
along 93W there is clear poleward flow, likely a result of Ekman divergence (e.g., Wyrtki and
Kilonsky , 1984; Johnson et al., 2001; Perez and Kessler , 2009). During this time period,
poleward flow continues below the thermocline down to 280 m, deeper than a typical equa-
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Figure 1-5: Time average of velocity normal to (a) 93W and (b) ND and SD above 300 m.
Positive (negative) velocities eastward (into 𝑉gl) along 93W. Positive velocities are out of
𝑉gl along ND (northeastward) and SD (southeastward) for clarity in this figure and Figure
1-13 only (elsewhere, all three survey lines use positive normal velocity into 𝑉gl). Isopycnals
(kg m−3) are drawn gray and are not available for ND. The gap in panel (b) corresponds to
the meridional extent of the Galápagos Archipelago.
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torial Ekman layer (e.g., Johnson et al., 2001; Perez and Kessler , 2009). The ND section
(Figure 1-9b) is dominated by northwestward flow with maximum velocities at the surface
due to a combination of SEC and Ekman transport. SD (Figure 1-9b) has mostly southwest-
ward along-track flow with a region of northeastward flow that corresponds to the northward
flow just below the EUC core along 93W. The strongest flows along SD are normal to the
line resulting in small along-track velocities.
1.3.2 Net Horizontal Transport
We now consider the net volume transport into 𝑉gl. For each transect, we define the ‘trans-
port profile’, 𝑇𝑛(𝑧), as the horizontal volume transport per unit depth (m2 s−1 or Sv m−1).






where 𝑧 is depth, 𝑛 is an index corresponding to transect number, 𝑣 is velocity normal to
the section, 𝑦 is the along-track distance of each dive, and 𝐿 is total line length.
The resulting transport profiles (Figure 1-6) have maximum magnitudes above 300 m.
The magnitude of the transport through 93W at the depth of the EUC core varies by nearly
a factor of 3 between transects. Similar variations occur along the two diagonals, indicating
that variability of the EUC and related transport occurs on time scales 𝑂(20) days, which is
the time between consecutive transects, and implying that most transects can be considered
independent.
We calculate the average transport profile 𝑇𝑙(𝑧) for each survey line 𝑙 (93W, SD, and
ND) by averaging 𝑇𝑛(𝑧) from individual transects. A weighted average is used along 93W










where 𝑁 is the number of transects along the line, and 𝑎𝑛 is the weight given to each transect
𝑇𝑛. To obtain 𝜎𝑒(𝑧) along 93W we use a weighted variance consistent with the weights used
to calculate the average transport profile for 93W. Variability during the finite time (10–25
days) required for gliders to occupy individual transects in not accounted for in estimation
of 𝜎𝑒(𝑧).
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Figure 1-6: Horizontal transport profiles 𝑇𝑛(𝑧) for all complete transects from 6 April 2016
through 31 May 2016 along ND (blue), 93W (red), and SD (green).
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Table 1.1: Average transport (Sv) and standard error normal to each line above 300 m. Neg-
ative (positive) transport is calculated by summing over only negative (positive) velocities.
Positive indicates into the control volume.
Transport Component ND 93W SD
Negative −7.6 ± 0.1 −6.0 ± 0.2 −10.9 ± 0.1
Positive 3.7 ± 0.1 16.4 ± 0.6 0.7 ± 0.1
Total −3.9 ± 0.2 10.5 ± 0.7 −10.1 ± 0.1
Consistent with average normal velocity (Figure 1-5), average horizontal transport across
93W (Figure 1-7a) tends to be positive (into 𝑉gl) below 20 m while average horizontal
transports across SD and ND are generally negative (out of 𝑉gl). Positive transport across
93W is primarily due to the EUC with its core centered near 50 m depth (Figure 1-5). Strong
negative transport is confined to the surface, corresponding to the westward SEC. Negative
horizontal transports across SD and ND peak around 50 and 100 m depth, respectively
(Figure 1-7a), reflecting splitting of the EUC core around the Galápagos Archipelago as it
continues eastward. The sign of horizontal transport for ND changes from positive (0 – 40 m
depth) to negative (40 – 300 m) due to the presence of the westward flowing SEC (positive
horizontal transport) on the north side of the archipelago that extends from the surface to
about 75 m depth north of 0.5∘N (Figure 1-5b).
To differentiate the transport of the EUC and SEC around the islands we compute total,
negative and positive horizontal transport from the surface to 300 m depth (Table 1.1).
Nearly all of the volume transport of the EUC (16.4±0.6 Sv) bifurcates into two branches
north and south of the Galápagos Archipelago, with higher transport to the south (10.9±0.1
Sv across SD vs. 7.6 ± 0.1 Sv across ND, Table 1.1). Subtracting the negative components
of horizontal transport along ND and SD from the positive component along 93W provides
an estimate for the change in the EUC transport (∆EUC) between 93W and the diagonals,
∆EUC= −2.1 ± 0.6 Sv; more flow exits 𝑉gl along the diagonals than enters through 93W.
Similarly, ∆SEC= −2.3±0.2 Sv is defined as flow into the volume along ND minus flow out
along 93W. Over the upper 300 m, ∆EUC and ∆SEC are negative. Together with small
positive transport along SD (0.7 ± 0.1 Sv), there is a net divergence in the upper 300 m of
−3.6 ± 0.7 Sv.
The three average transport profiles (Figure 1-7a) are summed to give the average net
transport profile 𝑇𝑛𝑒𝑡(𝑧) into 𝑉gl (Figure 1-7b). For a given depth range, when the net trans-
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Figure 1-7: Profiles of (a) average horizontal transport 𝑇 𝑙(𝑧), (b) net horizontal transport
into the control volume, (c) vertical velocity, and (d) horizontal transport as a function of
potential density in the upper 300 m. Shaded color error bars show standard errors. Dotted
lines in (b) delineate depth layers I-IV.
port profile is negative (positive), there is net horizontal divergence (convergence) averaged
over the volume at that depth. 𝑉gl is divided by depth into four layers using the transport
profile of Figure 1-7b. These four layers are: I) 5 – 35 m, II) 35 – 75 m, III) 75 – 225 m,
and IV) 225 – 305 m (Figure 1-8).
In Layer I, EUC related flow is divergent (greater flow out along the diagonals than in
across 93W). Net divergence in Layer I is dominated by strengthening of the SEC between
its entry into 𝑉gl across ND and its exit across 93W, primarily due to the entrainment of
upwelled waters and the northern branch of the split EUC as it is deflected northward by
the archipelago (Figure 1-8a). However, since both ∆EUC and ∆SEC are negative (i.e. the
two branches of the EUC transport more water out of 𝑉𝑔𝑙 along ND and SD than the EUC
transports into 𝑉𝑔𝑙 along 93W), there must be an additional source of volume transport into
Layer I. Ekman divergence likely contributes to net divergence via poleward flow on both
sides of the equator, as indicated by tangential (along-track) velocities along ND and near
0.5∘N along 93W (Figures 1-9 and 1-8a).
Net convergence in Layer II (Figure 1-7b) results from greater transport into 𝑉gl by the
EUC core across 93W compared with the combined transport out of 𝑉gl along the diagonals
(Figure 1-8b). SEC divergence is weaker in this layer compared with Layer I (Figure 1-
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Figure 1-8: Average velocity (m s−1, gridded) over (a) Layer I, 5 – 35 m, (b) Layer II, 35 –
75 m, (c) Layer III, 75 – 225 m, (d) Layer IV, 225 – 305 m. Numerical values are horizontal
transport (Sv) in each depth layer. Red indicates flow associated with the SEC (in across
ND, out across 93W), while blue is flow associated with the EUC (in across 93W, out across
ND and SD). T is the net horizontal transport into the control volume in each layer.
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Figure 1-9: As in Figure 1-5 but for velocities tangent to (along) the survey lines. Positive
(negative) velocities are northward (southward).
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8b). Layer II convergence may be driven by vertical spreading of the split EUC, resulting in
decreased transport out of 𝑉gl along the diagonals within Layer II, and topographic upwelling
of the EUC as it reaches the Galápagos Archipelago. Below Layer II, vertical spreading of
the split EUC results in increased transport out of 𝑉gl along the diagonals.
Net divergence in Layer III over 𝐴gl, below the EUC core, is partially a result of greater
EUC related flow out of 𝑉gl across the diagonals than in across 93W (Figures 1-8c and 1-5).
However, the transport out of 𝑉𝑔𝑙 has a greater magnitude than transport into 𝑉𝑔𝑙 in Layer
II, which indicates that the net divergence cannot be accounted for solely by downwelling
of EUC waters as the EUC splits into two branches. Net divergence over the upper 300 m
is discussed further in Section 2.4. Below the EUC, SEC, and Ekman transport, Layer IV
is nearly non-divergent (Figure 1-8d).
To provide insight into the mechanisms behind vertical spreading of the EUC branches
compared to the incoming EUC across 93W, we calculate average horizontal volume trans-
port profiles across 93W and SD as functions of potential density by interpolating velocity
estimates onto potential density surfaces prior to calculating volume transport (Figure 1-
7d; ND density is unavailable due to CTD failure). The horizontal transport maximum
along 93W and subsequent decrease toward zero below 𝜎0 = 26.5 kg m−3 occur on the
same potential density surfaces as along SD (Figure 1-7d). Between 93W and SD, the some
of the divergence in 𝑇 (𝑧) below 75 m is due to isopycnal spreading. Above 𝜎0 = 25 kg
m−3, transport across 93W is near zero while transport across SD remains negative near the
surface.
1.3.3 Vertical Velocity
Integrating the average net horizontal transport profile (Figure 1-7b) from the surface to 300
m depth gives a net transport of 3.6±0.7 Sv out of the volume. The average vertical velocity
required at 300 m to balance this horizontal divergence is (8.0±1.6)×10−5 m s−1, indicating
net upwelling during the observed time period. To estimate 𝑤(𝑧), the time- and area-
averaged vertical velocity profile in the region 𝐴gl, we time average (⟨·⟩) the incompressible

















where ⟨𝑢(𝑦, 𝑧)⟩ is time-average horizontal velocity normal to ND, 93W, and SD, 𝑃 is the










where 𝑢 and 𝑣 are normal and along-track velocity, respectively and 𝑥 is cross-track distance.
We then estimate 𝑤(𝑧) by integrating the average horizontal volume transport profile 𝑇𝑛𝑒𝑡(𝑧)
vertically as





where 𝑧 is positive upwards and we assume that 𝑤 = 0 at 𝑧0 = −10 m, the shallowest depth
at which velocity is estimated. The value of 𝐴gl = 4.51 × 104 km2 is the area of the region
with maximum depth greater than 300 m within the polygon defined by the three glider






where 𝜎𝑒 is defined in Equation 1.5.
Above 50 m (Figure 1-7c), significant upwelling is consistent with SST observations of
Figure 1-1 due to horizontal divergence (negative net transport) that exists above the EUC
core (Layer I, Figure 1-8a). The maximum vertical velocity is (1.7 ± 0.6) × 10−5 m s−1 (or
1.5±0.5 m day−1) at 25 m depth. Vertical motions are small compared to horizontal motions,
so standard error associated with vertical velocity is high compared to the magnitude of 𝑤(𝑧)
and 𝑤(𝑧) is not significantly different than zero from about 50 m to 100 m. Vertical velocity
decreases below 30 m from the near surface peak until it reaches a minimum near 75 m
(Figure 1-7c), corresponding to the region where the EUC core is strongest and there is net
convergence in Layer II (Figure 1-8b).
Below 75 m, positive vertical velocity (Figure 1-7c) is primarily attributed to increased
vertical extent of the north and south branches of the EUC core in Layer III compared to
the EUC core along 93W in Layer II as it reaches the archipelago (Figure 1-8c), resulting
in a net divergence in Layer III. Vertical velocity is nearly constant below 225 m, consistent
with near zero divergence in Layer IV.
An additional source of error in the vertical velocity calculation is the assumption of
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zero divergence at 10 m depth. Westerly wind stress along the equator would result in
non-zero Ekman divergence above 10 m. The gliders’ downward looking AD2CPs do not
resolve depth-dependent velocity shallower than 10 m so any divergence in the upper 10
m is not included in our analysis. Such a divergence would result in a shift of the entire
vertical velocity profile toward more positive values, increasing upwelling estimates without
impacting estimated errors.
1.3.4 Volume Transport by Salinity Class
Using the methods of Section 1.3.1, we calculate average salinity along 93W and SD (Figure
1-10). A major feature of the average salinity section along 93W (Figure 1-10a) is the
subsurface salinity maximum (salinity > 35.1) from 0.5∘S to 2∘S at the depth of the EUC
core (50 m). High salinity water originates in the subtropical South Pacific (Knauss, 1966;
Fiedler and Talley , 2006) and is transported equatorward via multiple pathways (Johnson
and McPhaden, 1999). The high salinity (35.2–35.25) tongue observed along 93W is bounded
by the 25.0 kg m−3 and 26.0 kg m−3 isopycnals, consistent with observations of Johnson and
McPhaden (1999) along 125∘W. There is an additional local salinity maximum at a depth
of 50 m between the equator and 0.5∘N, consistent with transient extensions north of the
equator in the central Pacific on monthly timescales as described by Johnson et al. (2000).
A high salinity tongue similar in shape to that along 93W also exists along SD (Figure
1-10b), although the SD high salinity tongue slopes downward from 2∘S to 1.1∘S from a
depth of 20 m to 70 m. Aside from this downward slope, it appears that the salinity section
along SD closely matches in magnitude and spatial pattern the section along 93W between
2∘S and about 0.4∘S, indicating that much of the water south of 0.4∘S entering the volume
across 93W exits out the SD. High salinity water exiting along SD has similar temperature
and salinity properties to the high salinity tongue along 93W (Figure 1-11). However, SD
includes water of higher salinity. This discrepancy could be due to slight differences in
sampling coverage between the two lines (Figure 1-2b) as the higher salinity water in the
average section is the result of a single SD transect.
We now consider volume transport as a function of salinity class along 93W and SD
adapting our methodology from Section 1.3.2. We compute the cumulative volume transport
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Figure 1-10: As in Figure 1-5 but for salinity. The dashed line in (b) delineates the Galápagos
archipelago from ND, where salinity observations were not available. Isopycnals (kg m−3)
are shown in gray contour.
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Figure 1-11: Potential temperature-salinity diagram along (a) 93W north of 0.4∘S (blue),
(b) along 93W south of 0.4∘N (red), and (c) along SD (green). In (a)–(c), all potential
temperature-salinity pairs along 93W between 2∘S and 2∘N are shown in gray dot. Isopycnals
(kg m−3) are shown in gray contour.








𝑆 − 𝑠(𝑦, 𝑧)
)︀
𝑑𝑦𝑑𝑧 (1.10)
where 𝑛 is the index corresponding to a single transect, 𝐻 is the heaviside function, 𝑆 is the
upper salinity bound, 𝑠(𝑦, 𝑧) is the observed salinity, and 𝐿 is the length of the line. 𝑇 𝑙(𝑆)
is the time average of 𝑇𝑛(𝑆) for a given survey line, where subscript 𝑙 indicates 93W or SD.










where 𝑁 and 𝑎𝑛 remain the same as in Section 1.3.2 for SD and 93W.
Volume transport is into the volume along 93W for all salinity classes as indicated by
the monotonically increasing cumulative transport (Figure 1-12a, red); similarly, transport is
out of the volume for all salinity classes along SD (Figure 1-12a, green). Volume transport
as a function of salinity along ND is estimated by assuming that net horizontal volume
transport is zero for each 𝑆 so that 𝑇𝑁𝐷(𝑆) = −
(︀
𝑇 93𝑊 (𝑆) + 𝑇𝑆𝐷(𝑆)
)︀
. For salinities above
35, transport into 𝑉gl across 93W is nearly equal to transport out across SD, as indicated
by nearly constant cumulative transport of salinities above 35 along ND (Figure 1-12a).
The high salinity tongue transported into 𝑉gl across 93W leaves through SD. In the salinity
range 34.9 − 35, waters flowing in across 93W are not accounted for by flow out across SD,
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Figure 1-12: (a) Cumulative volume transport as a function of salinity for 93W (red) and
SD (green). Cumulative transport through ND is calculated as a residual due to the lack of
CTD data. Shading shows standard errors. Positive transport is into the control volume.
(b) As in (a), but for transport through 93W only south of 0.4∘S.
implying transport of those waters out of 𝑉gl across ND.
To examine meridional dependence of these results, we recompute 𝑇93𝑊 (𝑆) using only
observations between 2∘S and 0.4∘S along 93W line (Figure 1-12b). The cutoff latitude
of 0.4∘S was obtained by minimizing the average squared difference between 𝑇93𝑊 (𝑆) and
𝑇𝑆𝐷(S), such that residual transport through ND was as small as possible for all 𝑆 (Figure
1-12b). This latitude can be interpreted as the boundary where the EUC splits into north
and south branches around the Galápagos Archipelago. Relatively fresh water (salinities
between 34.8 – 34.9) occurs near 300 m and is accounted for by small, non-zero (negative
slope, Figure 1-12b) transport through the ND in those classes consistent with northward
velocity south of the equator below 250 m (Figure 1-9). This northward velocity advects
cold, fresh water from south of the equator northward where it is then advected out of the
volume by the northern branch of the EUC.
Upon reaching the Galápagos Archipelago, the EUC splits into a north and south branch.
Water south of 0.4∘S flows south around the archipelago, while water north of the cutoff
latitude flows north around the islands. The cutoff latitude south of which nearly all water
that enters 𝑉gl across 93W exits along SD is close to the latitude of the center of the
Galápagos Archipelago and the approximate average latitude of the EUC core during this
time period (Figure 1-5). Water mass properties in the south branch of the EUC match
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Figure 1-13: Schematic showing sections of normal velocity with magnitude greater than 0.1
m s−1 across 93W, ND and SD with the bathymetry of the Galápagos Archipelago in the
upper 300 m. Flow related to the SEC (generally westward) is shown in blue, while EUC
(generally eastward) is red as in Figure 1-5.
those of waters in the southern half of the EUC along 93W (Figure 1-11). Volume transport
calculations along ND (north branch of the EUC) imply that a similar scenario occurs north
of 0.4∘S.
1.4 Summary and Discussion
Autonomous underwater glider observations during April–May 2016 capture the bifurcation
of the EUC around the Galápagos Archipelago (Figures 1-5 and 1-13) and allow estimation
of upwelling (Figure 1-7) that supports the persistent, anomalously cold SST of the GCP
(Figure 1-1). Time-average velocity over the 52 day time period shows a coherent EUC and
SEC along 93W. Along both ND and SD, there is transport out of the volume at the depth
of the EUC, indicating the EUC splits into a northern and southern branch as it encounters
the Galápagos Archipelago (Figure 1-13).
Model analyses have suggested that the path of the EUC around the Galápagos Archipelago
may have impacts on the local ecosystem (Karnauskas et al., 2015), model resolution of
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ENSO (Karnauskas et al., 2008), the equatorial Pacific cold tongue (Karnauskas et al.,
2007), and the basic state of the tropical Pacific (Karnauskas et al., 2014). Validation of
these model results requires observations of the path of the EUC just west of the Galápagos
Archipelago, such as those presented here. Additionally, it is unknown to what degree and
by what pathway the EUC contributes to the eastern equatorial Pacific cold tongue that
extends westward from the coast of South America (Wyrtki , 1966; Philander , 1973; Kessler ,
2006; Karnauskas et al., 2007). This study does not directly address the latter question,
but the observed bifurcation of the EUC (Figure 1-5) indicates that the two branches may
reach the western edge of the eastern Pacific cold tongue at 90∘W (Figure 1-1) while main-
taining most of the zonal transport of the EUC prior to its encounter with the Galápagos
Archipelago.
The bifurcation of the EUC along 92∘W was previously estimated by Lukas (1986) using
a climatological average of historical observations between 100∘W and 80∘W. Because these
sections were taken on either side of the Galápagos Archipelago, the splitting of the two
branches was not directly observed. However, the beginnings of the split into a north and
south branch were evident along 92∘W with a north branch extending down to 400 m, much
deeper than the weaker south branch. Along 88∘W, two eastward branches existed on either
side of the equator, with the stronger branch to the north. During April – May 2016, our
analysis shows two nearly equal branches with similar vertical extent to 200 m. Differences
between our results and those of Lukas (1986) may be due to temporal differences between
the two studies relative to annual and ENSO cycles.
Total volume transport of the EUC into the volume across 93W (16.4 ± 0.6 Sv) is lower
than previous estimates in the central Pacific of 20 – 30 Sv (Lukas and Firing , 1984; Wyrtki
and Kilonsky , 1984), due to the well-known weakening of the EUC as it moves eastward
(Johnson et al., 2002), possible effects of the 2015 – 2016 El Niño and/or the annual cycle of
wind-stress in the equatorial Pacific (Kessler et al., 1998). Wyrtki and Kilonsky (1984) re-
ported the EUC transport to be 22 Sv along 150∘W during 1979 – 1980. These discrepancies
in EUC transport between studies are due to multiple factors in additional to differences in
longitude.
The average vertical velocity profile (Figure 1-7c) indicates upwelling throughout the
upper 300 m, with maximum value at 300 m. While this result is surprising, we expect
vertical velocity in the region of 𝐴𝑔𝑙 to differ from the general equatorial upwelling reported
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by previous studies (e.g., Weisberg and Qiao, 2000; Johnson et al., 2001; Wyrtki , 1981) due
to the presence of the Galápagos Archipelago. A major difference between this estimate and
those of previous studies is that the average vertical velocity profile estimated here has high
values below the EUC core.
Upwelling near the surface coincides with strengthening of the SEC between ND and
93W and may be due to poleward Ekman transport combined with shoaling of some EUC
flow between 93W and the diagonals. Increase in SEC transport may be attributed to en-
trainment of both upwelled waters and the northern branch of the split EUC. However,
entrainment of the EUC into the SEC or vice versa alone is not sufficient to explain diver-
gence near the surface, since ∆EUC and ∆SEC are both negative (Section 1.3.2). Upwelling
below 110 m is associated with vertical spreading of the EUC across ND and SD compared
to the coherent EUC core across 93W, resulting in net divergence below the EUC core.
We are unable to resolve the distinct mechanisms maintaining the GCP; however, the ob-
servations suggest that a combination of topographic upwelling of the EUC as it reaches
the Galápagos Archipelago, wind-driven coastal upwelling, and Ekman divergence along the
equator contribute to the existence of the GCP.
In Layers I (0 – 35 m) and III (75 – 225 m) of Section 1.3.2, negative transport has greater
magnitude than positive transport associated with the EUC. In addition, ∆EUC and ∆SEC
are both negative, indicating that greater volumes of water are leaving 𝑉𝑔𝑙 than entering
𝑉𝑔𝑙 in via the EUC and SEC. This suggests that a mechanism beyond vertical spreading of
the EUC is necessary to account for the overall net divergence (upwelling) in the upper 300
m. During the two-month average presented here, and a three-year average also calculated
using ROGER observations (personal communication with Daniel Rudnick), divergence in
the along-track direction (𝜕𝑣/𝜕𝑦) along 93W extends all the way through the upper 300 m
(Figure 1-9a, two-month average). It is possible that, in an incompressible ocean, meridional
divergence along 93W is balanced by an opposite zonal convergence (Equation 1.7), such as
in the case of a slowing EUC as it moves eastward. While it is likely the EUC is slowing
between 93W and the Galápagos Archipelago based on the normal velocities of Figure 1-5,
the EUC is confined to the upper 150 m and meridional divergence occurs over the entire
upper 300 m, centered north of the EUC core near 1∘N – 2∘N. Combined with overall net
divergence in the upper 300 m, it is likely that the meridional divergence along 93W (Figure
1-9a) is associated with upwelling just north of the equator. The mechanism driving this
46
meridional divergence is currently unknown. The average vertical velocity profile of Figure
1-7c may be a result of divergence/convergence of the EUC and SEC superimposed on the
upwelling in the upper 300 m that is suggested by the meridional velocity section along
93W.
Upwelling below 75 m is partially attributed to vertical spreading of the branches of
the EUC compared to the EUC core along 93W. However, this vertical spreading below 75
m implies downwelling, not upwelling, between 93W and SD. Average SST (Figure 1-1b)
reaches a minimum in a limited region near 0.75∘S. According to average density sections
(gray contours of Figure 1-10), isopycnals slope downward between 93W and SD (and pre-
sumably between 93W and ND, although density estimates are not available). We expect
isopycnals to slope upwards between 93W and the Gaápagos Archipelago near the latitude
of minimum SST (maximum upwelling), which the gliders did not directly observe. In ad-
dition, SST is impacted by wind stress and anomalously cold SST resulting from upwelling
is likely advected into a broader region than where the upwelling actually occurs. While
sections of velocity normal to 93W and SD indicate downwelling as the EUC flows eastward,
SST (Figure 1-1b) suggests a limited region of localized, intense upwelling within 𝐴𝑔𝑙. The
average vertical velocity profile over 𝐴𝑔𝑙 incorporates intense upwelling just off the coast
of Isla Isabela, possible upwelling associated with the meridional divergence over the upper
300 m, and possible regions of downwelling consistent with vertical spreading of the two
branches of the EUC.
Regional ocean model results of Karnauskas et al. (2007) indicate upwelling in the upper
300 m along the equator west of the Galápagos Archipelago, with a maximum near 300 m
(Karnauskas et al., 2007, their Figure 12d). On the equator, upwelling is apparent over the
entire upper 300 m and over the distance between 93W and the archipelago, consistent with
the meridional divergence of Figure 1-9a. The same model (Karnauskas et al., 2007, their
Figure 14) shows deepening and slowing of the two branches of the EUC as they bifurcate
around the archipelago. It remains to examine the mechanisms resulting in vertical spreading
of the EUC after bifurcation. It would also be useful to obtain measurements of temperature,
salinity, and current velocity along a zonal transect between 93W and the archipelago at the
latitude of minimum SST within the region of the GCP, and directly compare the observed
zonal transect with model estimates of isopycnal shoaling/deepening. This approach would
have the benefit of examining whether cold SST of the GCP is due to isopycnal shoaling,
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vertical mixing, or a combination of these.
SST observations (Figure 1-1) suggest that the region between 93∘W and 91.5∘W would
be characterized by enhanced upwelling compared to the central equatorial Pacific. Our
estimate of upwelling above 50 m, with maximum value of (1.7±0.6)×10−5 m s−1 at 25 m,
is slightly less than the maximum magnitude of 1.9−2.0×10−5 m s−1 reported by Weisberg
and Qiao (2000) at 140∘W and by Johnson et al. (2001) at 170 − 95∘W, but agrees within
standard error. Wyrtki (1981) estimated upwelling across the 50 m depth surface in the
central Pacific to be 1.1 × 10−5 m s−1, less than our estimate. These differences may be
attributed to a combination of the following:
1. Discrepancies in upwelling between studies are impacted by the relatively broad merid-
ional extent of 𝐴gl, as Johnson et al. (2001) showed that the maximum in equatorial
upwelling occurs along the equator and decreases with increasing latitude. The west-
ern (93W) and eastern (Galápagos Archipelago) boundaries of 𝐴gl span 4∘ and 1.1∘
of latitude about the equator, respectively, with the centroid of 𝐴gl located slightly
south of the equator at 0.3∘S. Weisberg and Qiao (2000) and Johnson et al. (2001)
obtained higher vertical velocity estimates from observations that spanned 2∘ across
the equator. Wyrtki (1981) used data from a meridional range of 4∘ centered at the
equator and arrives at an estimate less than the one in this study. Our estimated 𝑤(𝑧)
is an average over 𝐴gl, yet the SST minimum associated with the GCP (Figure 1-1) is
confined to a fraction of 𝐴gl. If upwelling associated with the GCP occurs over an area
smaller than 𝐴gl, our estimated vertical velocity over the smaller area is proportionally
stronger than that in Figure 1-7c.
2. The spatial extent of the GCP is limited to a smaller horizontal area during the 6
April 2016 – 31 May 2016 time period compared to the 2004 – 2016 time average
(Figure 1-1), consistent with topographic upwelling of a weaker-than-average EUC.
On seasonal timescales, Kessler et al. (1998) and Kessler (2006) show that meridional
and zonal wind stresses along the equator between 95∘W – 90∘W are at a minimum
while equatorial SST is at a maximum during April – May. Climatologically, the EUC
is seasonally stronger than average during April – May (Johnson et al., 2002), yet the
EUC observed by the gliders during April – May 2016 is weaker than average. This is
likely due to the impact of the end of the 2015 – 2016 El Niño.
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Figure 1-14: Schematic of water parcel traveling eastward from 93W and upwelling into the
GCP.
3. The end of the strong 2015 – 2016 El Niño may have resulted in decreased equatorial
upwelling compared to a long-term average. In addition to potentially decreasing the
maximum velocity of the EUC core, El Niño events are associated with a decrease or
reversal in easterly trade winds, after initial anomalous westerly wind bursts (Firing
et al., 1983). A decrease in trade wind magnitude could result in minimal surface diver-
gence along the equator and decreased equatorial upwelling, in addition to decreasing
potential wind-driven topographic upwelling in the lee of the Galápagos Archipelago.
As a simple check of the estimated vertical velocity profile in the upper 50 m, we consider
the minimum SST in Figure 1-1b of 22∘C, which occurs at a latitude of 0.75∘S. Along 93W at
the latitude of the minimum SST, the average depth of the 22∘C isotherm is approximately
20 m. The distance of the point of minimum SST in the GCP from 93W is approximately
130 km, which suggests that a parcel of water with minimum SST in the GCP rises 20 m
over 130 km between 93W and the point at which it reaches the surface (Figure 1-14). If
the parcel travels at a constant velocity equal to the velocity it has when crossing 93W
(approximately 0.1 m s−1 at 20 m depth and 0.75∘S, Figure 1-5a), the vertical velocity
necessary to reach the surface by the time it reaches the GCP is 1.3 m day−1. This estimate
is remarkably close to that of the average vertical velocity profile in the upper 50 m, which
has a maximum value of 1.5 m day−1 at 25 m depth.
Volume transport as a function of salinity shows that the meridional boundary where
the split between the branches occurs is at 0.4∘S, just north of the meridional center of the
Galápagos Archipelago and the EUC core. Figure 1-12b indicates that the high salinity
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tongue, extending equatorward from the southern hemisphere, is advected south of the
Galápagos Archipelago as the EUC splits into north and south branches.
Although this study was limited in time to a single 52-day period in 2016, we successfully
observed the path of the EUC just west of the Galápagos Archipelago. Future studies
will leverage temporal variability over the full three-year time period of available glider
observations to further understand mechanisms behind results presented here. Results of
this study will be quantitatively compared to model results (e.g., Karnauskas et al., 2007,
2014) to improve understanding of implications of the observed bifurcation and upwelling
of the EUC at the Galápagos Archipelago.
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1.A Standard Error of Average Sections










where 𝐶(𝑥, 𝑧) is velocity or salinity of a point on a gridded transect, 𝑥 is along-line distance,
and 𝑧,𝑁, and 𝑎𝑛 are consistent with Equation 1.5.
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Figure 1-15: Estimated standard error of time average velocity normal to (a) 93W and (b)
ND and SD.
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Figure 1-16: Estimated standard error of time average salinity along (a) 93W and (b) ND
and SD.
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Chapter 2
Potential Vorticity and Bifurcation of
the Equatorial Undercurrent West of
the Galápagos Archipelago
Abstract
The Galápagos Archipelago lies on the equator in the path of the eastward flowing Pacific
Equatorial Undercurrent (EUC). On average, the EUC is centered south of the equator near
0.5∘S. When the EUC reaches the Galápagos Archipelago, it bifurcates into two branches
that flow north and south around the archipelago at a latitude determined by the topography
of the Galápagos Archipelago. Pedlosky (1987a) used a 2.5-layer, inertial model, where
potential vorticity and the Bernoulli function are conserved along streamlines, to explain
the existence of an eastward flowing EUC. Strong velocity gradients associated with the
EUC core exist within 2∘ latitude of the equator. Since the Coriolis parameter approaches
zero at the equator, these strong velocity gradients can result in Ertel potential vorticity
(EPV) having sign opposite that of the Coriolis parameter near the equator and conditions
conducive to inertial and/or symmetric instability. Changes in sign of the horizontal gradient
of EPV indicate whether necessary conditions are met for barotropic and/or baroclinic
instability associated with the equatorial current system. A fleet of autonomous, underwater
gliders, deployed just west of the Galápagos Archipelago between 2∘S – 2∘N along 93∘W
and between 2∘S and the southernmost point of Isla Isabela from 2013 – 2016 collected a
unique set of temperature, salinity, and velocity observations, providing the opportunity
to estimate sections of potential vorticity and Bernoulli function. EPV and the Bernoulli
function are qualitatively conserved along streamlines. EPV having sign opposite of the
Coriolis parameter is advected south of the Galápagos Archipelago when the EUC core is
located south of the bifurcation latitude. EPV estimates are used to investigate whether the
EUC is susceptible to various instability processes. The horizontal gradient of EPV suggests
that the region between 2∘S and 2∘N above 100 m is unstable to barotropic instability, while
limited regions are baroclinically unstable. Conditions conducive to inertial and symmetric
instabilities are observed between the EUC core and the equator and within the south branch
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of the EUC. E-folding timescales are between 2 – 13 days from two-month and three-year
averages, suggesting inertial and symmetric instabilities can persist on those timescales.
2.1 Introduction
The Pacific Equatorial Undercurrent (EUC), initially observed by Cromwell et al. (1954) and
Knauss and King (1958), is a coherent, eastward current very near the equator at the depth
of the thermocline that flows across the Pacific Ocean (e.g., Knauss and King , 1958; Wyrtki ,
1974; Johnson et al., 2002). The EUC has been studied extensively using observational (e.g.,
Knauss, 1959; Lukas and Firing , 1984; Johnson et al., 2001, 2002; Leslie and Karnauskas,
2014) and theoretical/numerical approaches (e.g., Fofonoff and Montgomery , 1955; Pedlosky ,
1987a; Johnson and Luther , 1994; Qiao and Weisberg , 1996). Pedlosky (1987a) estimated
eastward, equatorial flow consistent with the EUC using a 2.5-layer, inertial model, in which
potential vorticity and the Bernoulli function are conserved along streamlines. The average
position of the EUC core (region of maximum eastward velocity of the EUC) is near 0.5∘S
with a maximum velocity of approximately 1 m s−1 near 95∘W (Johnson et al., 2002).
The Galápagos Archipelago, with a meridional extent of 1.1∘S – 0.25∘N, lies directly
in the path of the EUC in the eastern equatorial Pacific (Chapter 1). The interaction of
the EUC with the topographic barrier of the Galápagos Archipelago produces a region of
anomalously cold sea surface temperature (SST) just west of the islands known as the Galá-
pagos Cold Pool (Karnauskas et al., 2007; Jakoboski et al., 2019) that exists in part due to
upwelling of the EUC. The path of the EUC as it reaches the Galápagos Archipelago has
been observed previously, primarily relying on shipboard observations (e.g., Christensen,
1971; Lukas, 1986; Karnauskas et al., 2010). The ‘Repeat Observations by Gliders in the
Equatorial Region’ (ROGER) program deployed a fleet of autonomous underwater gliders
in the region between 93∘W and the Galápagos Archipelago to obtain high resolution ob-
servations of current velocity, temperature, salinity, and depth just west of the Galápagos
Archipelago (the region of the GCP) over a period of three years. Chapter 1 described the
bifurcation of the EUC into two branches around the northern and southern boundaries of
the Galápagos Archipelago and upwelling shallower than the core of the EUC.
Strong velocity gradients exist between the EUC core and surrounding waters. The
velocity gradient between the eastward EUC and the westward, surface intensified South
Equatorial Current (SEC) is particularly large (Johnson et al., 2002; Kessler , 2006). These
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velocity gradients near the equator can result in Ertel potential vorticity (EPV, 𝑄) having
sign opposite to that of the Coriolis parameter (𝑓). EPV (Ertel , 1942; Schubert et al., 2004)
is a dynamically active tracer that is conserved in adiabatic and inviscid flows, but modified
by buoyancy and frictional forcing, defined as
𝑄 = −2Ω⃗ + 𝜁
𝜌
· ∇𝜌𝜃 (2.1)
where Ω⃗ is the earth’s rotation vector, 𝜁 is relative vorticity (Equation 2.5), 𝜌 is seawa-
ter density, and 𝜌𝜃 is potential density. In the absence of heat and friction in the ocean
interior, EPV is a materially conserved property along streamlines (Gill , 1982), as in the
inertial model of Pedlosky (1987a). Pedlosky (1987a) also assumes the Bernoulli function is











from the steady-state, shallow water equations (Cushman-Roisin and Beckers, 2011). In
the inertial, steady-state ocean of Pedlosky (1987a), we expect both EPV and 𝐵 to be
conserved along streamlines that connect the EUC west of the Galápagos Archipelago and
the two branches of the EUC as they flow around the archipelago.
Without a velocity gradient, EPV will be the same sign as the Coriolis parameter (Gill ,
1982). Prior to bifurcation of the EUC, EPV with sign opposite to the Coriolis parameter
may exist due to the average meridional position of the EUC core with respect to the equator.
If the bifurcation latitude of the EUC is determined topographically by the existence of the
Galápagos Archipelago, EPV with sign opposite of 𝑓 associated with the EUC core would
be advected further poleward by the branches of the EUC around the archipelago.
A range of instabilities associated with the average EPV field can exist in the equatorial
region. Tropical Instability Waves (TIWs) have been widely considered to be a result of
baroclinic instability, barotropic instability, or a combination of both resulting from shear
within the equatorial current system (e.g., Philander , 1976, 1978; Yu et al., 1995; Proehl ,
1998; Lyman et al., 2005, 2007; Farrar , 2011). Baroclinic instability is maintained by poten-
tial energy associated with density gradients resulting from vertical shear, while barotropic
instability is the result of horizontal shear (Pedlosky , 1987b). In a quasi-geostrophic fluid, a
change in sign of the cross-flow gradient of EPV in the vertical plane is a necessary condition
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for baroclinic instability (Pedlosky , 1987b; Gill , 1982; Cushman-Roisin and Beckers, 2011).
Barotropic instability requires a change in sign of the cross-flow gradient of absolute vortic-
ity in the horizontal plane, which is approximately equivalent to a horizontal change in sign
of the cross-flow gradient of EPV for a stably stratified fluid. While baroclinic instability
tends to be suppressed at the equator for eastward flows, due to the 𝛽-effect (where 𝛽 is the
meridional gradient of the Coriolis parameter), sufficiently high vertical shears may result
in instability (Philander , 1976).
Smaller scale instabilities, including gravitational, inertial, symmetric, and Kelvin-Helmholtz
instability, are possible sources of mixing that may impact the anomalously cold SST of the
GCP. Potential vorticity with sign opposite of the Coriolis parameter can result in combi-
nations of three types of instability (adapted from Thomas et al., 2013):
1. Gravitational: unstable stratification (𝑁2 < 0) results in vertical overturning
2. Symmetric: strongly baroclinic fluid with 𝑁2 > 0, EPV with sign opposite to 𝑓 is
primarily due to large vertical shear compared to horizontal shear, resulting in along-
isopycnal stirring
3. Inertial: the contribution to EPV by the sum of the vertical component of relative
vorticity and planetary vorticity has the opposite sign of 𝑓 (large horizontal shear)







Where EPV with sign opposite to the Coriolis parameter persists, the flow is unstable to
gravitational, inertial, or symmetric instabilities, or combinations of these, depending on the
local flow characteristics (Thomas et al., 2013). Stevens (1983) showed that an eastward jet
located slightly off of the equator results in a region of EPV with sign opposite of 𝑓 between
the core of the jet and the equator, supporting the possibility of instability associated with
the average meridional position of the EUC. In the case where conditions conducive to both
symmetric and inertial instability exist, inertial instability dominates where horizontal shear
is large compared to vertical shear. Symmetric instability dominates in the opposite case.
Kelvin-Helmholtz instability (Thomson, 1871; Helmholtz , 1868) is an inertial instability
that arises when the vertical gradient of horizontal velocity is sufficiently strong to result in
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mixing despite the presence of stratification. Kelvin-Helmholtz instability extracts energy
from the mean shear flow when the gradient Richardson number (𝑅𝑖) is less than 1/4 (Kundu





In regions of high vertical shear, Kelvin-Helmholtz instability can result in vertical mixing
on timescales faster than those typical of inertial or symmetric instabilities in the region
surrounding the EUC (Smyth et al., 2013).
While Gouriou and Toole (1993) estimated EPV from shipboard hydrographic and cur-
rent measurements in the western Pacific and resolve some regions of negative EPV north
of the equator (EPV opposite sign of 𝑓), few studies consider equatorial EPV and its im-
plications for instability. Conditions conducive to instability may result from the average
meridional position of the EUC core slightly south of the equator in the central and eastern
equatorial Pacific, and the associated bifurcation of the EUC around the topographic bar-
rier of the Galápagos Archipelago. Concurrent observations of horizontal current velocity,
temperature, and salinity as a function of depth and distance from ROGER gliders provide
observations used to estimate EPV and Bernoulli function sections between 2∘S and 2∘N
with very high spatial and temporal resolution. Since horizontal velocity is directly measured
by the gliders, the need to estimate velocity from geostrophy is eliminated, and allows us to
resolve the velocity field at the equator where geostrophy does not hold. The resulting EPV
and Bernoulli function fields provide insight into the wide-range of equatorial dynamics that
exist in the region just west of the Galápagos Archipelago with unprecedented resolution.
The following analyses consider advection of EPV and the Bernoulli function around
the Galápagos Archipelago by the two branches of the EUC (Chapter 1) and the potential
for instability associated with the EUC. In Section 2.2, we describe the glider observations
obtained during the ROGER program and the methods used to estimate EPV and the
Bernoulli function from those observations. Section 2.3 describes a sample glider transect,
the major features of average potential vorticity and Bernoulli function sections, advection
of potential vorticity and the Bernoulli function around the Galápagos Archipelago, mech-
anisms behind regions of high or “wrong-signed” potential vorticity, and possible resulting
instabilities. Section 2.4 reiterates the main findings of the preceding sections.
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Figure 2-1: (a) Glider transects along 93W (blue) and SD (red) used in the analysis, with
all ROGER transects (black) and local coordinate systems for 93W and the SD (white).
(b,c) Latitude-time plots of transects along (b) 93W and (c) SD during 11 April 2014 – 13
October 2016 (TP1, blue), 11 February 2015 – 7 May 2015 (TP2, magenta), and 6 April
2016 – 31 May 2016 (TP3, green). TP1 includes data from TP2 and TP3.
2.2 Observations and Methods
2.2.1 Glider Observations West of the Galápagos Archipelago
A fleet of Spray gliders (Sherman et al., 2001; Rudnick et al., 2016) from the Repeat Ob-
servations by Gliders in the Equatorial Region (ROGER) program measured profiles of
temperature, salinity, and absolute horizontal currents in the region between 93∘W and the
Galápagos Archipelago from January 2013 to December 2016 (Figure 2-1). During a total
of 19 missions, gliders sampled along three survey lines: 1) 93∘W from 2∘N to 2∘S (hereafter
referred to as 93W), 2) the southern diagonal (SD), between 93∘W, 2∘S and the south-
western corner of Isla Isabela, and 3) the northern diagonal. Along the northern diagonal,
only a single, one-week-long CTD transect is available due to instrument failure; ND is not
included in the analysis due to anomalous velocity observations during that transect. A
total of 15 missions from 11 April 2014 – 13 October 2016 along 93W and SD are used in
the following analysis; these missions had high quality velocity measurements necessary for
EPV and Bernoulli function estimation.
Each glider was equipped with a Sea-Bird SBE 41CP conductivity-temperature-depth
sensor (CTD), a Seapoint chlorophyll fluorometer, and a 1-MHz Nortek AD2CP Doppler
current profiler (Todd et al., 2017). Instruments sampled during the ascending portion of
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Table 2.1: Dates and number of glider transects that descended to 1000 m during TP1, TP2,
and TP3. SD transects are not used for TP1 analyses.
Time Period Begin Date End Date No. W93 Transects No. SD Transects
TP1 11 April 2014 13 October 2016 27 (20)
TP2 11 Feb 2015 07 May 2015 3 8
TP3 06 April 2016 29 May 2016 3 5
each dive with horizontal spacing between profiles of 5 km, from the surface to 1000 m
depth. CTD and flourometer observations were averaged into 10 m vertical depth bins.
Profiles of current velocity with 10 m vertical resolution were calculated via dead-reckoning
methods of Todd et al. (2017) with minor updates as described in Chapter 1. Velocity error
is estimated in Chapter 1, with maximum values less than 0.1 m s−1. After calibration at
Sea-Bird, laboratory checks prior to deployment, and post-mission quality control, remaining
temperature and salinity observations are highly accurate with small error relative to the
desired signal (Rudnick and Cole, 2011).
Individual transects along 93W were occupied in about three weeks, while transects along
SD were occupied in about one week (e.g., Figure 2-2). Velocity, temperature and salinity
transects resolve the major features of the equatorial current system and show relatively low
variability below 𝜎 = 26.5 kg m−3 or 300 m depth (Chapter 1). This analysis focuses on the
region above 𝜎 = 26.5 kg m−3 (average depth of 310 m over all 93W and SD transects).
After quality control, data were gridded onto a 15 km horizontal grid along each section
using a Gaussian weighted average, as in Chapter 1, and linearly interpolated from depth
surfaces onto potential density surfaces. The Gaussian scale of 30 km (Chapter 1) is chosen to
remove horizontal variability due to high-frequency processes (e.g., internal waves) resulting
from the finite sampling speed of the gliders (Rudnick and Cole, 2011). Average sections
are calculated for three time periods (Table 2.1): the full time period of 11 April 2014 – 13
October 2016 (TP1), 11 Feb 2015 -âĂŞ 7 May 2015 (referred to as TP2), and 6 April 2016
-âĂŞ 31 May 2016 (TP3). The 93W and SD sections were simultaneously occupied during
TP2 and TP3 (Figure 2-1), while TP1 only includes data along 93W.
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Figure 2-2: (a) Sections of zonal velocity, (b) meridional velocity, (c) potential temperature,
and (d) salinity as a function of depth in the upper 300 m from one transect along 93W
from 29 April 2016 to 23 May 2016. Potential density (kg m−3) contours are shown in gray.
2.2.2 Potential Density on Depth and Density Surfaces
We estimate EPV (Equation 2.1) along 93W and SD using the coordinate systems in Figure
2-1a. Three-dimensional relative vorticity is defined by


















where v⃗ is three-dimensional velocity. In the local (rotated) coordinate system for each
line, 𝑢 is the cross-line (normal) velocity in the 𝑥 direction, 𝑣 is along-line velocity in the
𝑦 direction, and 𝑤 is vertical velocity. The sign convention is positive into the volume 𝑉gl
(defined by area 𝐴gl, the surface and 300 m depth) and positive upwards (Figure 2-1).
The earth’s rotation vector, 2Ω⃗𝐺, in the global coordinate system is
2Ω⃗𝐺 = [0, 𝑓 cot 𝜃, 𝑓 ]
𝑇 (2.6)
where 𝑓 = 2Ω sin 𝜃, 𝜃 is latitude, and Ω is the rotation rate of the earth. The transformation
of the earth’s rotation vector into the local, rotated coordinate system of each line is achieved
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via multiplying 2Ω⃗𝐺 by the rotation matrix⎡⎢⎢⎢⎣
cos𝜑 sin𝜑 0
− sin𝜑 cos𝜑 0
0 0 1
⎤⎥⎥⎥⎦ (2.7)
where 𝜑 is the counterclockwise angle of rotation between east and the local x-axes of 93W
(𝜑 = 0∘) and SD (𝜑 = 26.7∘) shown in Figure 2-1. The earth’s rotation vector in the local
coordinate system is then
2Ω⃗𝐿 = [𝑓 cot 𝜃 sin𝜑, 𝑓 cot 𝜃 cos𝜑, 𝑓 ]
𝑇 . (2.8)
Combining Equations 2.5 and 2.8, the EPV (Equation 2.1) can be written in the coor-



































Based on the vertical velocity estimates in Chapter 1, we assume vertical velocities (𝑤)
are small compared with horizontal velocities (𝑢, 𝑣). Horizontal components of 2Ω⃗ are small
compared to vertical gradients of horizontal velocity (e.g., Figure 2-3e) and neglected. With


























We apply the chain rule to transform from depth coordinates to density coordinates. In


















The first two terms of Equation 2.10 do not appear in the density coordinate equation
(Equation 2.11) since horizontal gradients of velocity occur along isopycnals in the density
coordinate framework.
As glider observations provide along-track measurements only, cross-track gradients are
unresolved. We assume 𝜕𝑣/𝜕𝑥 and 𝜕𝜌/𝜕𝑥 are small compared to gradients in the 𝑦 direction
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in density coordinates. Hereafter, when PV is expressed as a function of density or depth,
horizontal derivatives are taken along isopycnals and depth surfaces, respectively. In Equa-
tion 2.13, the first term of 𝑄𝜌 is the contribution to 𝑄𝜌 by the vertical component of planetary
vorticity, while the second term represents velocity shear along isopycnals.
Along 93W, the assumption that 𝜕𝑣/𝜕𝑥 is small is supported by meridional velocities (𝑣
in the local coordinate system) having smaller magnitude than zonal velocities. Cross-track
variability of density (𝜕𝜌/𝜕𝑥) is unknown. However, it multiples with 𝜕𝑣/𝜕𝑧 (Equation
2.10), which is small compared to 𝜕𝑢/𝜕𝑧 along 93W. Along SD, 𝑣 contains both meridional
and zonal velocity components. Assuming small 𝜕𝑣/𝜕𝑥 and 𝜕𝜌/𝜕𝑥 is likely a greater source
of error along SD than 93W.
Isopycnal coordinates are used to examine the features of potential vorticity sections,
which include high variability in the pycnocline where strong velocity gradients between
the EUC and SEC exist. Since inertial, symmetric barotropic, and baroclinic instability
are characterized based on horizontal and vertical gradients of velocity and density, depth
coordinates are used to differentiate between types of instabilities.
2.2.3 Conditions for Inertial and Symmetric Instability
Growth rates of instabilities associated with EPV having sign opposite to the Coriolis pa-





using the methods of Haine and Marshall (1998) and Kelly (2016). To understand the
types of instabilities that result when EPV is of sign opposite to that of 𝑓 , we separate 𝑄𝑑























𝑄ℎ represents the baroclinic contribution to 𝑄𝑑 by the horizontal component of the relative
vorticity, while 𝑄𝑣 represents vertical contributions to 𝑄𝑑 by the vertical components of the
planetary and relative vorticities.
Inertial instability dominates when 𝑄𝑣 (including horizontal shear) is primarily respon-
sible for regions of EPV with sign opposite to 𝑓 and 𝑄ℎ is small relative to 𝑄𝑣. In the
case where 𝑄ℎ = 0 (inertial instability with no symmetric instability) and given a stably
stratified fluid, Equation 2.14 simplifies to
𝜔2𝐼 = 𝑓 (𝑓 + 𝜁) (2.17)
where 𝜁 is the vertical component of relative vorticity and 𝜔2𝐼 is the effective local inertial
frequency (e.g., Mooers, 1975; Stevens, 1983). Inertial instability requires that 𝜔2𝐼 ≤ 0.
If 𝜁 is of greater magnitude than and of opposite sign of 𝑓 , 𝜔2𝐼 is negative, and inertial
instability is possible. Near the equator, 𝑓 is near zero so that small horizontal shear can
result in instability. Non-zero EPV on the equator or “wrong sign” EPV away from the
equator dominated by horizontal shear is inertially unstable.
Symmetric instability requires that 𝑓𝑄𝑑 < 0 and 𝑓𝑄ℎ < 0 and dominates over inertial
instability when 𝑄ℎ (vertical shear) is of larger magnitude than 𝑄𝑣 and has sign opposite to
𝑓 (Haine and Marshall , 1998; Thomas et al., 2013). The growth rate of symmetric instability











In the case where the fluid state is conducive to both inertial and symmetric instabil-
ity (𝑓𝑄 < 0, 𝑓𝑄ℎ < 0, and 𝑓𝑄𝑣 < 0), inertial and symmetric instability may both be
present (Thomas et al., 2013). To differentiate between regions of symmetric versus inertial
instability, we consider the ratio of 𝑄ℎ to 𝑄𝑣. In regions where 𝑄ℎ and 𝑄𝑣 both have sign
opposite to 𝑓 and 𝑄ℎ is of larger magnitude than 𝑄𝑣, vertical shear is large compared to
horizontal shear and symmetric instability dominates. Where 𝑄𝑣 has larger magnitude than
𝑄ℎ, “wrong sign” EPV is dominated by horizontal shear, resulting in inertial instability.
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Following Dunkerton (1981) and Stevens (1983), we estimate the e-folding timescale of






where 𝑛 is either 𝐼 (inertial instability) or 𝑆 (symmetric instability).
2.3 Results
2.3.1 Sample Glider Transect
A representative sample transect of current velocity and hydrography (Figure 2-2) along
93W from 29 April 2016 to 23 May 2016 shows the major features of the equatorial current
system above 300 m and 𝜎0 = 26.5 kg m−3 (Figure 1-3 of Chapter 1) includes the upper
1000 m for the same transect). The eastward EUC has maximum zonal velocity 𝑂(1 m s−1)
just south of the equator and extends from 1.25∘S to 1∘N within the thermocline near 50 m
depth (Figure 2-2c), consistent with previous observations (e.g., Wyrtki and Kilonsky , 1984;
Johnson et al., 2002). The westward South Equatorial Current (SEC) exists north of the
equator with a maximum zonal velocity of 0.75 m s−1 at the surface. The portion of the
SEC observed by this section transports relatively fresh, warm water westward (Figures 2-2c
and 2-2d). Meridional velocities are small compared to zonal velocities. At a depth of 50 m,
a high salinity tongue extends northward into the EUC core from the southern boundary of
the transect at 2∘S (Figure 2-2d).
Spray glider observations of velocity, temperature, and salinity as a function of dis-
tance and depth provide estimates of EPV in the equatorial region with very high spatial
resolution, resulting in the ability to observe detailed features of the EPV field. The corre-
sponding sample transect of EPV in depth and density coordinates show generally positive
(negative) EPV north (south) of 0.7∘S (Figures 2-3a and 2-4a). The contribution to EPV
by the vertical component of planetary vorticity (Figures 2-3b and 2-4b) changes sign and
reaches a minimum (zero) at the equator corresponding to the magnitude and sign of 𝑓 .
Vertical structure is due to variations in the magnitude of 𝑁2. The contribution to EPV
by the vertical component of relative vorticity (Figures 2-3c and 2-4c) is generally positive
(negative) north (south) of the EUC core, which is centered slightly south of the equator
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Figure 2-3: Latitude-depth sections of (a) EPV and the contributions to EPV by: (b) the
vertical component of planetary vorticity, (c) the vertical component of relative vorticity, (d)
the horizontal component of relative vorticity, and (e) the horizontal component of planetary
vorticity in the upper 300 m from one transect along 93W from 29 April 2016 to 23 May
2016. Zonal velocity (m s−1) is shown in black solid (positive), dashed (negative), and dotted
(zero) contour. Gray, dashed, vertical line denotes the equator.
near 0.7∘S. Regions of relative vorticity with sign opposite to that of the planetary vorticity
exist within the SEC near 1.5 − 2∘N, south of the EUC core near 1.5 − 2∘S, and between
the EUC core and the equator. Combined with the contribution to EPV by the vertical
component of planetary vorticity, these result in regions of EPV with sign opposite of 𝑓
near 1.75∘N and between the EUC core and the equator. The feature near 1.75∘N is likely
due to transient variations in the EUC and SEC. Aside from small regions of “wrong-sign”
EPV, a clear change in sign of EPV exists at the EUC core near 0.7∘S.
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Figure 2-4: Latitude-potential density sections of (a) EPV and the contributions to EPV by:
(b) vertical component of planetary vorticity and (c) relative vorticity above 𝜎0 = 26.5 kg
m−3 from the same transect as in Figure 2-3. Zonal velocity (m s−1) is shown in black solid
(positive), dashed (negative), and dotted (zero) contour. The average depth of 𝜎0 = 26.5 kg
m−3 during this transect is 275 m. Gray, dashed, vertical line denotes the equator.
2.3.2 Average Potential Vorticity
Long-Term Average (TP1)
We first calculate average potential vorticity along 93W for TP1 (11 April 2014 – 13 October
2016). Poleward of 0.5∘S and 0.5∘N, EPV has the same sign as 𝑓 (Figure 2-5a). However, at
densities of 𝜎0 = 22−23 kg m−3, positive potential vorticity extends south of the equator as
far as 0.5∘S. This is due to the relative vorticity contribution to EPV (Figure 2-5c) resulting
from the zonal velocity gradient between the surface SEC and underlying EUC. Between
𝜎0 = 23.5 kg m−3 and 𝜎0 = 26.5 kg m−3, the position of the EUC core near 0.5∘S results in
region of positive EPV that extends south of the equator to 0.1∘S.
Similar to the sample transect, a region of relative vorticity with sign opposite of 𝑓
associated with the SEC exists near the surface and 1.5∘N in the long term average (Figure
2-5c). Corresponding vorticity with sign opposite of 𝑓 is not seen in the EPV section, since
68
Figure 2-5: Average sections of (a) EPV and the contributions to EPV by: (b) vertical
component of planetary vorticity and (c) relative vorticity over 11 April 2014 – 13 October
2016 (TP1) along 93W as a function of potential density. Zonal velocity (m s−1) is shown in
black solid (positive), dashed (negative), and dotted (zero) contour. Gray, dashed vertical
line denotes the equator.
the vertical planetary vorticity contribution to EPV (Figure 2-5b) is strong near 𝜎0 = 22.5
kg m−3 and 𝜎0 = 24.5 kg m−3, north and south of the equator, respectively.
Short Term Averages (TP2 and TP3)
During TP2 (85 days, 11 February 2015 – 7 May 2015) and TP3 (52 days, 6 April 2016 – 31
May 2016), both 93W and SD were occupied by gliders (Figure 2-1). Along 93W during both
time periods, EPV is positive north of and negative south of the EUC core (Figures 2-6a and
2-7a) at the depth of the EUC. When the EUC core is located south of the equator, positive
EPV exists just south of the equator above 𝜎0 = 25.5 kg m−3 during TP2 and TP3. The
intrusion of positive potential vorticity south of the equator reaches 0.5∘S and 0.7∘S during
TP2 and TP3, respectively. During TP3, the EUC core is centered near 0.7∘S (Figures 2-7a
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– 2-7c). During TP2, the EUC core is centered on the equator, with an extension southward
above 𝜎 = 24 kg m−3 in the region where the EUC and SEC meet (Figures 2-6a – 2-6c).
As the EUC core is centered south of the equator in the long-term average (TP1), positive
EPV is seen south of the equator during all three time periods; however, the magnitude of
this EPV with sign opposite of 𝑓 is greater during TP2 and TP3.
Figure 2-6: Average (a, d) EPV and the contributions to EPV by: (b, e) the vertical
component of planetary vorticity and (c, f) relative vorticity for 93W (a – c) and SD (d – f)
over 11 February 2015 – 7 May 2015 (TP2). Zonal velocity (m s−1) is shown in black solid
(positive), dashed (negative), and dotted (zero) contour. Gray, dashed vertical line denotes
the equator.
During TP2 and TP3, the relative vorticity contribution to EPV is positive north of
the EUC core with largest values near the surface (Figures 2-6c and 2-7c), where potential
vorticity increases due to the vertical and meridional gradients of zonal velocity between
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Figure 2-7: As in Figure 2-6, but averaged over 6 April 2016 – 31 May 2016 (TP3).
the eastward EUC and westward SEC and vertical density gradient associated with the
thermocline (Figures 2-6c and 2-7c). Relative vorticity south of the EUC core is negative
during TP2 (Figure 2-6c) and TP3 (Figure 2-7c), with the exception of a small region
of positive vorticity associated with a local zonal velocity maximum south of the EUC
core during TP2. This local maximum is likely a transient extension of the EUC core
and is associated with near-zero EPV (Figure 2-6a). Combined with the vertical planetary
contribution to EPV (Figure 2-6b) and TP3 (Figure 2-7b), the relative vorticity contribution
to EPV results in positive EPV south of the equator between between the EUC and SEC
during TP2 and the EUC core and the equator during TP3.
The SEC exists near the surface north of the equator and north of 0.5∘N during TP2 and
TP3, respectively. As in the sample transect and TP1, zonal velocity gradients associated
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with the SEC result in negative relative vorticity (Figures 2-6b and 2-7b) near the surface
at 1.5∘N. The magnitude of this negative relative vorticity is small in TP3 (Figure 2-7c)
compared with TP2 (Figure 2-6), due to differences in zonal velocity gradient. Although
this feature is seen in the EPV section for TP2 (Figure 2-6a), we consider it a transient
feature as it does not appear in TP3 (Figure 2-7a) or in the long-term average (Figure
2-5a).
Velocity normal to SD is southeastward (negative) during TP2 (Figures 2-6d – 2-6f)
and TP3 (Figures 2-7d – 2-7f) with maximum magnitude near the southern boundary of the
Galápagos Archipelago at 1.2∘S. This region of relatively high velocity shoals with increasing
distance southward from 1.2∘S. Maximum southeastward velocity normal to SD is greater
during TP2 (0.5 m s−1) than TP3 (0.3 m s−1), likely due to bifurcation of the stronger EUC
around the archipelago during TP2 compared to TP3 (Figures 2-6a and 2-6d, 2-7a and 2-6d).
EPV along SD is negative during TP2 and TP3 (Figures 2-6d and 2-7d), except immediately
adjacent to the Galápagos Archipelago at 1.2∘S during TP3. Positive EPV during TP3 is
due to the relative vorticity contribution to EPV (Figure 2-7f) at 1.2 − 1.3∘S. This positive
EPV is possibly a boundary effect as the EUC splits around the Galápagos Archipelago.
During TP2, however, small regions of weak positive relative vorticity (Figure 2-6f) do not
result in positive EPV across SD. If positive relative vorticity in TP3 is a boundary effect,
it is not observed during TP2. Possible boundary effects include the generation of positive
relative vorticity via interaction of the south branch of the EUC with topography (e.g., Gula
et al., 2015; Molemaker et al., 2015) and/or the existence of strong cross-track gradients at
the boundary with the Galápagos Archipelago, neglected here, that could minimize the
apparent positive relative vorticity.
Branching of the EUC
The EUC bifurcates into a north and south branch around the Galápagos Archipelago
between 93∘W and the islands. Using salinity as a tracer, Chapter 1 estimated the latitude
at which this split occurs (“bifurcation latitude”) to be near 0.4∘S during what is referred
to here as TP3. Using the methods of Section 1.3.4, we estimate the bifurcation latitude
based on volume transport as a function of salinity class to be 0.32∘S during TP2, compared
to the value of 0.40∘S during TP3. The Bernoulli function (Equation 2.2, Figure 2-9) can
also be used as a tracer to estimate the bifurcation latitude, since 𝐵 is conserved in steady-
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Figure 2-8: (a) Sample calculation of cumulative volume transport as a function of 𝐵 for
93W (red) and SD (green) for TP2. Cumulative transport through ND is calculated as a
residual due to the lack of CTD data. Shading shows standard errors per Section 1.3.4.
Positive transport is into the control volume (𝑉𝑔𝑙 in Section 1.3.4). (b) As in (a), but for
transport through 93W only south of 0.23∘S.
state, inviscid, adiabatic flow. Again using methods similar to that of Section 1.3.4 but for
𝐵 instead of salinity, we estimate the bifurcation latitude based on volume transport as a
function of 𝐵 to be 0.23∘S (Figure 2-8) and 0.33∘S for TP2 and TP3, respectively.
Estimates of bifurcation latitude do not resolve vertical variability in the bifurcation of
the EUC. Further, the Bernoulli function is only conserved along streamlines in a steady-
state flow. Error in the bifurcation latitude estimate is apparent as the residual flow along
ND is minimized, but does not reach zero in individual classes of salinity or 𝐵 (Figure
2-8b). In salinity or 𝐵 classes where the residual is particularly large, it is likely that the
bifurcation latitude at the depth where that salinity or 𝐵 class dominates is slightly different
from the average bifurcation latitude. In Figure 2-8b, transport along ND reaches zero in
the 𝐵 < 0 m2 s−2 class (the 𝐵 class with maximum residual) if the bifurcation latitude is
changed to 0.18∘S from 0.23∘S, suggesting that the bifurcation latitude during TP2 varies
approximately 0.1∘ latitude in the upper 300 m.
As the meridional center of the Galápagos Archipelago is located near 0.4∘S and the
average meridional position of the EUC core is centered near 0.5∘S (Johnson et al., 2002) as
it reaches the archipelago, it is likely that the bifurcation of the EUC into two branches is
primarily topographically driven by the position of the Galápagos Archipelago. The average
position of the EUC is located slightly south of the equator due to the predominantly south-
easterly direction of the trade winds in the eastern equatorial Pacific (Charney and Spiegel ,
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Figure 2-9: Average Bernoulli function along 93W (a – c) and SD (d, e) over (a) TP1, (b, d)
TP2, (c, e) TP3 as a function of distance from the point (93∘S, 2∘S) along each survey line, in
order to maintain consistency between x-axis scales for 93W and SD. Zonal velocity (m s−1)
is shown in black solid (positive), dashed (negative), and dotted (zero) contour. Vertical,
dotted gray lines (a – c) denote the meridional extent of the Galápagos Archipelago and
dashed, gray line the equator.
1971; Yu et al., 1997; Kessler et al., 1998). The EUC core meanders about it’s average
position on interannual, seasonal, and shorter timescales (Johnson et al., 2002). Based on
these results and those of Chapter 1, increased EUC-related flow passes south (north) of
the Galápagos Archipelago when the EUC core is positioned further south (north) of the
bifurcation latitude.
Using Spray glider observations, we are able to resolve the latitude at which EPV changes
sign near the equator with high spatial resolution. To compare the bifurcation latitude with
the latitude at which EPV changes sign along 93W (Figures 2-10a – Figures 2-10c), the
latter is calculated at each depth level. The depth-averaged (0 − 300 m) latitude of the
change of sign of EPV for each time period is 0.39∘S for TP1, 0.25∘S for TP2, and 0.64∘S
for TP3. These latitudes are approximately consistent with the location of the EUC core
along 93W for each time period. During TP2, the EUC is located near the equator and
velocity gradients that result in positive EPV south of the equator are limited to the region
north of 0.25∘S (Figure 2-10b). During TP3, the EUC core is located near 0.70∘S, resulting
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Figure 2-10: As is Figure 2-9, but for average EPV.
in a change from negative to positive EPV located further south (Figure 2-10c) than during
TP2. The long-term average (TP1) change in sign is near 0.40∘S (Figure 2-10a), consistent
with the estimate of bifurcation latitude made in Chapter 1 using transport as a function
of salinity class.
Along SD during TP2, no positive EPV is evident (Figure 2-10d) since along 93W, the
change of sign of EPV is 0.25∘S and positive EPV does not extend past the bifurcation
latitude of 0.23∘S – 0.32∘S (Figure 2-10b). During TP3, a region of positive EPV along
SD exists near the boundary with the Galápagos Archipelago, corresponding with the more
southerly position of the EUC core (Figure 2-10e). Along 93W during this time, the latitude
of change of sign of EPV is 0.64∘S with positive EPV extending southward of the bifurcation
latitude of 0.33∘S – 0.4∘S for TP3 (Figure 2-10c). Since EPV is conserved along streamlines
in an adiabatic, inviscid flow, EPV south of the bifurcation latitude is advected south of
the archipelago. In the case where the latitude at which EPV changes sign is south of the
bifurcation latitude (Figure 2-10), positive EPV is advected across SD.
2.3.3 Conservation of EPV and the Bernoulli Function
The 2.5-layer, inertial model of Pedlosky (1987a) produces an EUC-like equatorial flow, ne-
glecting friction in the shallow-water equations of motion. As a consequence, it is assumed
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that both EPV and the Bernoulli function (𝐵) are conserved in a steady-state ocean. Con-
servation of these quantities is a general property of ideal flow that extends beyond a layered
model to an inviscid, adiabatic, stratified ocean (Cushman-Roisin and Beckers, 2011). In
this study, high-resolution Spray glider observations of velocity, temperature, and salinity
provide sections of EPV and 𝐵 along 93W and SD in order to examine if EPV and 𝐵 are
conserved between the two survey lines.
Sections of EPV for TP2 – TP3 along 93W and SD (Figure 2-10) qualitatively show the
conservation of notable features in the EPV field along streamlines between 93W and SD.
Features south of the bifurcation latitude along 93W appear along SD during TP2 (Figures
2-10b and 2-10d) and TP3 (Figures 2-10c and 2-10e), consistent with Section 2.3.2. Two
local minima in EPV south of the equator during TP2 and the single minimum near 100
km during TP3 are also seen along SD during the respective time periods.
Similarly, sections of Bernoulli function for TP2 – TP3 (Figure 2-9) also show qualitative
conservation of 𝐵 along streamlines. Positive 𝐵 greater than 0.5 m2 s−2 along 93W during
TP2 is also seen along SD near 50 m depth. The deepening of the 𝐵 = 0 m2 s−2 contour
in the region of the EUC core is also apparent along both 93W and SD. During TP3, this
deepening occurs farther south along 93W compared to TP2, but as the bifurcation latitude
is also farther south, these features are apparent near the same distance along SD. The
consistency of patterns in 𝐵 and EPV between 93W and SD is qualitative evidence that
these properties are conserved along streamlines between 93W and SD.
We do not expect conservation of EPV and 𝐵 near the surface, where surface forcing
plays a role in the form of wind-stress and heat exchange. The mixed layer depth in this
region is very shallow, ranging from 10 – 30 m (Boyer et al., 2013), and may not be resolved
by the gliders. It is also possible that EPV and 𝐵 are not conserved near the boundary with
the Galápagos Archipelago. In sections of 𝐵, there is little evidence of a boundary layer,
which also may be unresolved, as the gliders do not observe the 5 km closest to shore along
SD. Lastly, the Bernoulli function is conserved in a steady-state, ideal fluid. The averages
of Figure 2-9 include time variability that occurs during the transit between 93W and SD
on a range of scales. Despite these potential sources of error, 𝐵 and 𝐸𝑃𝑉 sections during
TP2 and TP3 are consistent with the inertial model of (Pedlosky , 1987a).
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2.3.4 Equatorial Instability
Spray glider observations provide a unique opportunity to examine instabilities associated
with the average EPV field within 2∘ latitude of the equator. The gradient of EPV and
it’s relationship to necessary conditions for baroclinic and barotropic instability are consid-
ered possible mechanisms driving TIW propagation. In addition to upwelling of the EUC
(Chapter 1), smaller scale instabilities, including inertial, symmetric, and Kelvin-Helmholtz
instability, are possible sources of mixing that may impact the anomalously cold SST of the
GCP. The following sections consider the possibility of these instabilities in this region and
their dynamical implications.
Barotropic and Baroclinic Instability
The change of sign of the horizontal gradient of EPV within the interior of a fluid is a
necessary condition for barotropic or baroclinic instability in a quasi-geostrophic fluid. A
change in sign of 𝜕𝑄/𝜕𝑦 in the vertical plane is a necessary condition for baroclinic instability,
while changes in sign in the horizontal plane are indicative of barotropic instability in a stably
stratified fluid (Gill , 1982; Pedlosky , 1987b). While quasi-geostrophic theory assumes the
Rossby number is small, which is expected to be invalid in the region surrounding the EUC,
quasi-geostrophy has been used to resolve instabilities that are consistent with equatorial
observations (e.g., Philander , 1976, 1978) and will be applied here.
Sections of the along-line gradient of EPV are generally characterized by clear alternating
vertical bands of positive and negative EPV along 93W during TP2 and TP3 above 100 m
(Figures 2-11b and 2-11c), suggesting conditions conducive to barotropic instability. The
long-term mean (Figure 2-11a) is dominated by same-sign (negative) 𝜕𝑄/𝜕𝑦, with no sign
changes in the vertical plane. A weak sign change in the horizontal plane is apparent above
60 m near 300 km, where the EUC and SEC meet, indicating the potential for barotropic
instability over the two-year average. During TP2, 93W and SD sections contain regions
where 𝜕𝑄/𝜕𝑦 changes sign in the vertical direction, indicating possible conditions conducive
to baroclinic instability, while little to no change of sign of 𝜕𝑄/𝜕𝑦 in the vertical plane is
apparent during TP3. Vertical changes in sign are less pronounced than horizontal changes
in sign during all time periods, where clear sign changes occur approximately every 50 km
above 100 m during TP2 and TP3.
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Philander (1976) showed that the EUC is stable to baroclinic instability using a quasi-
geostrophic model, primarily due to the 𝛽-effect, except during periods when the EUC is at
a seasonal maximum. Glider observations show that 𝜕𝑄/𝜕𝑦 meets the necessary condition
for baroclinic instability during TP2 when the EUC is strong, but not during TP3 when
the EUC is comparatively weaker, consistent with the results of Philander (1976). The
change is sign of 𝜕𝑄/𝜕𝑦 in the horizontal plane during TP1 near 300 km (1∘N) supports
the conclusions of Proehl (1998) that TIWs are the result of barotropic instability arising
from horizontal shear between the EUC and SEC. Changes in sign of 𝜕𝑄/𝜕𝑦 from glider
observations during TP1 – TP3 suggest that the equatorial current system within 2∘ latitude
of the equator is generally unstable to barotropic instability, while the necessary condition
for baroclinic instability may be met when the EUC is strong. However, TIWs are observed
outside the meridional bounds of this study (2∘S – 2∘N, e.g., Farrar , 2011), and equatorial
currents poleward of this domain may exhibit different characteristics than those seen here.
Along SD, the sign of 𝜕𝑄/𝜕𝑦 maintains a banded structure in the horizontal plane,
suggesting barotropic instability above 150 m during TP2 and TP3. Both sections along SD
meet the necessary condition for baroclinic instability near 50 – 70 km and 50 m, coinciding
with the southern bound of the south branch of the EUC. This suggests that the barotropic
and baroclinic processes associated with TIWs may originate as far east as the Galápagos
Archipelago.
Inertial and Symmetric Instability
Positive relative vorticity associated with the position of the EUC just south of the equator,
combined with the relatively small vertical planetary contribution to EPV near the equator,
leads to positive EPV between the EUC core and the equator during all three time periods
(Figures 2-10a – 2-10c). The magnitude of this positive EPV varies between time periods
and has the potential to result in inertial or symmetric instability as the EUC meanders
about its long-term average position near 0.25∘S in the eastern equatorial Pacific west of
the Galápagos Archipelago (Wyrtki and Kilonsky , 1984; Johnson et al., 2002).
Sections along 93W and SD are stably stratified (𝑁2 > 0) for all time periods, grav-
itational instability is unlikely. Along 93W (Figures 2-12a – 2-12c for inertial instability
and 2-13a – 2-13c for symmetric instability), conditions conducive to both symmetric and
inertial instability (positive values in Figures 2-12 and 2-13) are present during all three time
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Figure 2-11: Average along-track gradient of EPV (𝜕𝑄/𝜕𝑦) along 93W (a – c) and SD (d,
e) over (a) TP1, (b, d) TP2, (c, e) TP3 as a function of distance from the point (93∘S,
2∘S) along each survey line. Zonal velocity (m s−1) is shown in black solid (positive),
dashed (negative), and dotted (zero) contour. Vertical, dotted gray lines (a – c) denote the
meridional extent of the Galápagos Archipelago and dashed, gray line the equator.
periods due to the average position of the EUC core centered south of the equator. Unstable
regions (𝑓𝑄 < 0; Thomas et al., 2013) along 93W exist just south of the equator extending
furthest poleward near the surface (Figures 2-12a – 2-12c and 2-13a – 2-13c), coincident with
regions of EPV opposite in sign of the Coriolis parameter. Conditions conducive to symmet-
ric instability are generally located near the surface, where 𝑄ℎ (Figures 2-14a – 2-14c) and
EPV (Figures 2-10a – 2-10c) both have sign opposite to 𝑓 . Inertial instability generally is
possible over a broader depth range, where 𝑄𝑣 (Figures 2-15a – 2-15c) and EPV both have
sign opposite to 𝑓 . Possible inertial (Figures 2-12a – 2-12c) and symmetric (Figures 2-13a
– 2-13c) instabilities associated with the EUC along 93W have similar e-folding timescales
in the range 4 – 13 days, indicating that both types of instabilities may exist in the region
between the EUC core and the equator, particularly near the surface where the ratio of 𝑄ℎ
to 𝑄𝑣 is near one.
Along SD, inertial instability is possible at the boundary with the Galápagos Archipelago
during TP2 and TP3 (Figures 2-12d and 2-12e). During TP3, conditions conducive to
inertial instability are associated with 𝑄𝑣 with sign opposite to 𝑓 between 0 – 200 m. Positive
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Figure 2-12: Average growth rate 𝜔𝐼 for (a, d) TP1, (b, e) TP2, and (c, f) TP3 along 93W
(a – c) and SD (e – f) as a function of distance from the point (93∘S, 2∘S) along each survey
line, with positive values indicating exponential growth. Fastest e-folding time associated
with positive growth rates are shown in days (bottom left corner). Gray regions are stable
to both symmetric and inertial instability (𝑓𝑄𝑑 > 0). Average isopycnal depth is shown in
dotted, black contour. Vertical, black, dashed line denotes the equator.
unstable growth rates extend southward in regions of relatively high shear associated with
the south branch of the split EUC core with an e-folding timescale of 2.7 days. During TP2,
it is unlikely either instability will develop, as only a very minimal region is conductive to
either inertial or symmetric instability (Figures 2-12d – 2-12e and 2-13d – 2-13e).
Conditions favorable to inertial and symmetric instabilities exist between the equator
and the EUC core, consistent with the off-equatorial, eastward jet model of Stevens (1983).
We expect inertial/symmetric instability to reduce positive EPV in the southern hemisphere
on timescales of days or weeks. As the average position of the EUC core is south of the
equator on long time scales, there must be a mechanism maintaining positive EPV in the
region between the EUC core and the equator.
Surface wind forcing may be a dominant factor since unstable positive EPV primarily
occurs above the EUC core, particularly during TP1 and TP2 (Figures 2-10a and 2-10b). In
addition, largest magnitude positive EPV and fastest e-folding times along 93W occur at the
boundary of the SEC and EUC, particularly during TP3 when the SEC extends southward
of the equator. As the EUC core is centered at 50 m depth and the SEC is a surface current,
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Figure 2-13: As in Figure 2-12, but for 𝜔𝑆 .
this “wrong-sign” EPV may be partially maintained by surface wind stresses.
Positive EPV along SD and conditions conducive to instabilities seen during TP3 may
be a result of neglecting cross-track gradients of along-track velocity (𝜕𝑣/𝜕𝑥) in the relative
vorticity contribution to EPV, which could impact EPV results in the boundary region
between the southern branch of the EUC and the Galápagos Archipelago. To counteract
the maximum existing positive contribution to EPV by the vertical component of relative
vorticity during TP3, 𝜕𝑣/𝜕𝑥 needs to be, at most, 𝒪(10) smaller than 𝜕𝑢/𝜕𝑦. As along-line
velocities along SD are smaller than, but of the same order as, velocities normal to SD, it is
possible that positive relative vorticity during TP3 is a result of neglecting 𝜕𝑣/𝜕𝑥. However,
we do not see strong positive relative vorticity along SD during TP2, suggesting that either
1) the neglect of 𝜕𝑣/𝜕𝑥 only results in positive relative vorticity during TP3 but not TP2
or TP1, or 2) positive EPV is advected south of the Galápagos Archipelago during TP3 due
to the southerly position of the EUC core at that time.
Glider observations from which instability timescales are estimated do not represent an
unperturbed background state. Rather, these observations necessarily include the effects of
instabilities that do exist, and as such, constitute an adjusted state. The EUC core in the
long-term average (TP1, Figure 2-10a) is weaker and extends further meridionally than that
of TP2 or TP3 (Figures 2-10b and 2-10c). Positive EPV south of the equator is smaller in
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Figure 2-14: Average 𝑄ℎ for (a, d) TP1, (b, e) TP2, and (c, f) TP3 along 93W (a – c)
and SD (e – f) as a function of distance from the point (93∘S, 2∘S) along each survey line.
Vertical, dashed line denotes the equator.
magnitude during TP1 compared to TP2 and limited in southern extent compared to TP3
(Figures 2-10a – 2-10c). It is possible that stirring as a result of inertial/symmetric instability
is one of the mechanisms driving these differences in the long-term average compared to
shorter-term averages. Symmetric instability results in along-isopycnal mixing, which will
contain a vertical mixing component in regions where isopycnals are tilted (dotted lines
of Figure 2-13). Symmetric instability may produce vertical mixing (Thomas et al., 2013)
along 93W during TP2 and TP3 (Figures 2-13b and 2-13c). Along-isopycnal mixing due to
symmetric instability acts to reduce the magnitude of EPV with sign opposite to that of the
Coriolis parameter. Estimated e-folding timescales for inertial and symmetric instabilities
do not account for vertical mixing and are likely impacted by stirring that results from
the instabilities themselves. Where symmetric instability occurs near the surface (along
93W during TP2 and TP3, Figures 2-13b and 2-13c), vertical mixing may contribute to the
existence of the GCP. Since conditions conductive to symmetric instability are not apparent
during TP1, it is unlikely that vertical mixing resulting from symmetric instability is a
primary factor responsible for maintaining the GCP, but it may impact the SST associated
with GCP on shorter timescales.
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Figure 2-15: As in Figure 2-14, but for 𝑄𝑣.
Kelvin-Helmholtz Instability
Kelvin-Helmholtz instability is a possible source of vertical mixing in regions where the
gradient Richardson number (𝑅𝑖) is less than 1/4. Estimates of 𝑅𝑖 from glider observations,
prior to horizontal smoothing (Section 2.2), show few regions with 𝑅𝑖 < 1/4 during any time
period (Figure 2-16). Regions where conditions conducive to inertial/symmetric instability
exist are coincident with regions where 𝑅𝑖 > 1/4 and Kelvin-Helmholtz instability is not
expected.
2.4 Summary
Glider observations of temperature, salinity, and horizontal velocity with unprecedented
subsurface resolution are used to estimate Ertel potential vorticity and the Bernoulli function
in the upper 300 m just west of the Galápagos Archipelago. Conservation of these quantities
along streamlines is consistent with the inertial model of the EUC developed by Pedlosky
(1987a). During long-term (TP1) and short-term (TP2 and TP3) averages along 93W,
EPV with sign opposite of the Coriolis parameter exists between the EUC core and the
equator due to velocity gradients associated with the EUC and SEC. The average position
of the EUC core is south of the equator, resulting in “wrong-sign” EPV in the southern
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Figure 2-16: Scatter plot of 𝑁2 and 𝜕𝑢/𝜕𝑧 (Richardson number) for all observations during
(a, d) TP1, (b, e) TP2, and (c, f) TP3 along 93W (a – c) and SD (e – f). Blue points have
𝑓𝑄𝑑 > 0, red points have 𝑓𝑄𝑑 < 0. All quantities are calculated from observations prior to
smoothing in this figure only. The black line is 𝑅𝑖 = 1/4 and gray line is 𝑅𝑖 = 1.
hemisphere. This “wrong-sign” EPV extends as far south as the EUC core, between 0.7∘S –
0.2∘S depending on time period. Velocity measurements show the eastward EUC bifurcating
into a north and south branch (Chapter 1) at a bifurcation latitude that corresponds to the
meridional center of the Galápagos Archipelago. When the EUC core is located near 0.7∘S,
positive EPV is advected south of the Galápagos Archipelago by the south branch of the
EUC. Positive EPV is not evident along SD when the EUC core is centered nearer the
equator. Although no glider observations of the north branch of the EUC are available, it
is expected that negative EPV is advected north of the archipelago when the EUC core is
located north of the bifurcation latitude.
A qualitative comparison indicates that notable features of EPV and 𝐵 sections south of
the bifurcation latitude along 93W are seen along SD for TP2 and TP3. These features show
advection of positive EPV across SD during TP3 and extends to general patterns in contours
of EPV and the existence of local minima and maxima. The consistency between EPV and 𝐵
along 93W and SD suggest that these quantities are conserved along streamlines, supporting
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the assumptions of an inertial model of the EUC (Pedlosky , 1987a). Small discrepancies may
be due to boundary effects and the surface and the north end of SD and time variability, as
𝐵 is only conserved in a steady-state flow, and 𝐵 and EPV are only conserved in inviscid,
adiabatic flow.
The along-line gradient of EPV changes sign in the horizontal plane along 93W and SD
from 2∘S – 2∘N for all time periods (TP1 – TP3) due to velocity gradients associated with
the equatorial current system, suggesting barotropic instability. The necessary condition for
baroclinic instability (𝜕𝑄/𝜕𝑦 changes sign in the vertical plane) is only evident during TP2
in relatively limited regions compared to those exhibiting conditions conducive to barotropic
instability. These results are consistent with prior studies concluding that TIWs are primar-
ily a result of barotropic instability. This study is limited to the domain of 2∘S – 2∘N and
does not consider stability of the North Equatorial Countercurrent (Johnson et al., 2002).
Near the equator, the Coriolis parameter approaches zero, resulting in inertial insta-
bility in regions where horizontal shear exists and/or symmetric instability in regions with
relatively high vertical shear. Glider observations indicate that inertial and symmetric in-
stabilities are possible in all three time average sections along 93W and during TP3 along
SD. Inertial/symmetric instabilities are attributed to shear associated with the EUC core
and with shear between the EUC and SEC. E-folding timescales are typically between 2 –
13 days; however, these estimates are likely impacted by mixing of EPV that results from
inertial/symmetric instabilities. Vertical mixing of colder subsurface waters with warmer
surface waters as a result of symmetric instability has the potential to impact the anoma-
lously cold SST of the GCP, particularly as symmetric instability is evident near the surface
during TP2 and TP3.
A regional model analysis could provide insight into understanding the mechanism(s)
behind persistent positive EPV south of the equator along 93W in the long-term average
and quantify temporal scales of positive EPV along SD, beyond the two-month time pe-
riods presented here. Additionally, a modeling approach could complement this study by
quantifying potential sources of error such as neglecting cross-line variations in temperature,
salinity, and velocity and smoothing of the observed data. Future work will address these
questions and address temporal variability on shorter time scales than the average sections
presented here.
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Tropical Instability Waves using Argo
Observations
Abstract
Tropical instability waves (TIWs) are westward-propagating, equatorially trapped instabil-
ities with periods of 15 – 40 days and wavelengths of 700 – 2000 km that vary in intensity
over periods of months. Propagation of TIWs in the equatorial Pacific Ocean has previously
been observed via satellite sea surface temperature (SST), sea surface salinity (SSS), and sea
surface height (SSH) measurements, as well as using subsurface measurements from Tropi-
cal Atmosphere Ocean (TAO) array measurements. TIWs may interact with the subsurface,
equatorial current system, including the Pacific Equatorial Undercurrent (EUC). However,
the subsurface three-dimensional distribution of TIWs has not yet been described. We apply
spectral analysis methods to temperature, salinity, and potential density calculated from the
Roemmich and Gilson (2009) gridded Argo temperature and salinity product over 10∘S –
10∘N latitude, 150 − 280∘ longitude, and 0–500 m depth to examine the three-dimensional
signal associated with TIW propagation. The results are compared to theoretical dispersion
curves, meridional modes, and vertical modes predicted for TIWs. A 1.5-layer, equatorial
𝛽-plane model is used to estimate TIW properties from an average zonal current obtained
from SODA reanalysis. We find evidence of TIWs with 35 day periods and 1250 km wave-
lengths, in agreement with prior studies. The average meridional structure is similar to
that predicted by Lyman et al. (2005), while the 1.5-layer model is not sufficient to capture
baroclinic instability. The average vertical structure of TIWs from Argo observations is
consistent with with average 𝑁2 profiles calculated from both Argo and World Ocean Atlas
(Boyer et al., 2013) data.
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3.1 Introduction
Tropical Instability Waves (TIWs) are equatorially-trapped, westward-propagating waves
resulting from regional current shear with periods between 15 and 40 days and wavelengths
between 700 and 2000 km (Figure 3-1). TIWs have been studied using numerical simula-
tions and observations of sea surface height (SSH), salinity (SSS), temperature (SST), and
meridional velocity from a variety of observational platforms including satellites, Acoustic
Dopper Current Profiler (ADCP), and Tropical Atmosphere Ocean (TAO) array measure-
ments. Studies using a range of observed variables, theoretical developments, and models
at various locations report slightly different TIW properties depending on the specifics of
the study. The primary aim of this study is to use observations of temperature, salinity,
and potential density from Argo observations (Riser et al., 2016) to determine the three-
dimensional signal of TIWs across the equatorial Pacific.
In 1975, Düing et al. observed westward propagating, planetary scale waves in the equa-
torial Atlantic using both mooring and shipboard current measurements. Soon after, similar
waves were observed in the equatorial Pacific region using current meters near the Galápagos
Islands (Harvey and Patzert , 1976) and satellite SST (Legeckis, 1977). Many studies have
since examined TIW properties using varying methods and observational datasets. Due to
the horizontal spatial coverage of satellite data, many studies focus on the surface expression
of TIWs in temperature, salinity, and sea level variation. Matsuno (1966) used single layer,
quasi-geostrophic, free-surface theory to calculate dispersion curves of equatorially-trapped
waves, including Rossby waves. Farrar (2008) used satellite SSH along with theoretical
Rossby wave dispersion curves such as those calculated by Matsuno (1966) to show that
TIWs tend to lie on or near the first-mode baroclinic Rossby wave dispersion curve. Long
wave periods of 15 – 30 days are observed in SSH within about 5∘ of the equator (Wunsch
and Gill , 1976), while periods between 35 and 50 days are seen closer to 10∘N (Périgaud ,
1990; Farrar and Weller , 2006).
Studies using both SST (e.g., Legeckis, 1977; Chelton et al., 2000) and SSS (e.g., Lee
et al., 2012) show wave propagation just north and south of the equator across the equatorial
Pacific. It is likely that the TIW signal in temperature and salinity appears where there is
both wave propagation and a temperature or salinity gradient, resulting in advection of the
observed properties. Lee et al. (2012) show 17-day TIWs within a few degrees of the equator
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Figure 3-1: Monthly AVISO sea surface height at 5∘N from 2009 – 2014.
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and 33-day TIWs closer to 5∘N in SSS and slight differences when compared to SST and
SSH.
Meridional velocity and temperature measured by ADCPs, current meters, or TAO moor-
ings have been used to examine TIW structure below the surface (e.g., Qiao and Weisberg ,
1995; McPhaden, 1996; Lyman et al., 2007). Qiao and Weisberg (1995) used horizontal
velocity observations between 1∘S – 1∘N at 140∘W from the Tropical Instability Wave Ex-
periment (TIWE) to show that TIW-associated variance is maximum near the surface and
decreases with depth. McPhaden (1996) used the TIWE array to show that maxima in tem-
perature variance in the TIW frequency band along 140∘W and between 0 and 7∘N occur
at the thermocline due to meridional and vertical advection. Lyman et al. (2007) examined
TIW structure in temperature and meridional velocity along 140∘W, finding surface-trapped
17-day TIWs in meridional velocity and a strong 33-day TIW signal in temperature at the
thermocline. Together, these studies provide a detailed description of TIW structure; how-
ever, they are limited to 140∘W.
The generation of TIWs is primarily attributed to both barotropic and baroclinic insta-
bilities due to current shear resulting from the equatorial current system. Soon after the
observations of Düing et al. (1975) and Harvey and Patzert (1976), it was theorized that
westward propagating waves can be generated by barotropic instabilities from shear between
surface currents, i.e. the westward South Equatorial Current (SEC) and the eastward North
Equatorial Countercurrent (NECC) (Philander , 1976). Philander (1978) used a more real-
istic zonal current profile to show that barotropic instability resulting from shear between
the SEC and NECC can generate waves with periods and wavelengths generally associated
with TIWs and that baroclinicity may also play a role. Johnson and Proehl (2004) and Qiao
and Weisberg (1995) used velocity data to confirm that TIWs can be generated through
baroclinic instability caused by current shear between the the northern branch of the SEC
(SECN) and the NECC.
Previous studies are limited by spatial data availability, either providing coverage across
the Pacific basin at the surface only or subsurface observations with sparse coverage. The
Argo program (Riser et al., 2016) provides observations of temperature and salinity that
will be used to study the structure of TIWs in all three spatial dimensions in the equatorial
Pacific Ocean with the ability to resolve both TIW periods and wavelengths. Section 3.2 will
describe the data used for the analysis, including Argo profiles and satellite observations.
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Section 3.2.4 describes a 1.5-layer equatorial 𝛽-plane model used to numerically estimate
TIW properties. Results (Section 3.3 are broken into three sections: a description of the
spectral analysis methods used (Section 3.3.1), TIW structure via Argo temperature and
salinity (Section 3.3.2) and via potential density (Section 3.3.3), and how the results relate
to Rossby wave dynamics (Section 3.3.4). Section 3.3.5 focuses on the limitations of the
approaches used in this study and strategies for future studies that could address these
limitations. Section 3.4 summarizes the results and suggests future analyses.
3.2 Data and Methods
3.2.1 Optimally Interpolated Argo Data
Profiling Argo floats measure subsurface ocean temperature, salinity, and pressure and pro-
file between the surface and 2000 m depth globally, including in the equatorial Pacific.
Roemmich and Gilson (2009) provided a global, objectively mapped Argo dataset provided
with 1∘×1∘ horizontal resolution, 5-day temporal resolution, and varying vertical resolution
ranging from 2.5 m at the surface to 100 m below 1500 m depth. We use gridded observations
in the upper 200 m of the equatorial Pacific (10∘S-10∘N, 150 − 280∘) from the Roemmich
and Gilson (2009) mapped product for this analysis.
It is difficult to quantitatively estimate mapping error from the Roemmich and Gilson
(2009) data. To address this potential limitation on regional (rather than global) scales,
the number of Argo profiles in the equatorial Pacific region is considered (Figure 3-2a).
Starting in 2009, the number of profiles in equatorial region tends to plateau compared to
pre-2009. This is partially due to the change in Argo float hardware from Argos to Iridium
communications, minimizing the time Argo floats remain at the surface. Near the equator,
this translates to less exposure to wind stress transporting the floats poleward away from the
equator. Since objective mapping error depends on the number of observations in a given
region at a given time, this analysis will use data from 2009 – 2014, when the number of floats
at the equator has increased from the pre-Iridium era. The spatial histogram of number of
profiles occurring in 1∘×1∘ latitude/longitude bins from 2009 – 2014 is shown in Figure 3-2b.
Argo observations cover the entire equatorial Pacific with no major holes. Since TIWs have
periods of less than 50 days, the use of profiles from 2009 – 2014 is sufficient, eliminating
the time period where fewer Argo profiles exist while still covering a period when there is
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Figure 3-2: Total number of Argo profiles in the equatorial Pacific region (a) between 10∘S
– 10∘N and 150− 280∘ longitude from January 1997 through August 2017, binned monthly,
and (b) from January 2009 through December 2014 binned into 1∘ longitude by 1∘ latitude
bins as shown on the map. Dashed vertical lines in (a) indicate 2009 and 2014.
visible TIW propagation. Regions with low coverage may be minimized by the relatively
large correlation scales used by Roemmich and Gilson (2009), which can smooth out regions
or time periods with no observations with observations nearby. These correlation scales
imply that the resolution of mapped data is close to 4∘ x 4∘, or 400 km horizontal spatial
resolution, which is consistent with the nominal Argo float density of 3∘ x 3∘. The minimum
wavelength resolvable using spectral analysis of observations with a horizontal resolution of
400 km is 800 km, just sufficient to resolve wavelengths of TIWs. Mapping error is discussed
further in Section 3.3.5.
3.2.2 Remote Sensing Observations
Satellite observations are used to verify Argo measurements near the surface. SST observa-
tions are obtained from the Group for High Resolution Sea Surface Temperature (GHRSST).
The L4 gridded, mapped, daily data have a horizontal resolution of 1/4∘× 1/4∘ and contain
optimally interpolated observations from the Advanced Very High Resolution Radiometer
(AVHRR), the Advanced Microwave Scanning Radiometer (AMSR), and in-situ observations
(Reynolds et al., 2007). These data are chosen due to their consistency with the timeframe
of available Argo data and the addition of AMSR, which has improved coverage in a range
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of weather conditions, albeit with lower resolution. Although the product is provided with
daily resolution, the data are smoothed using a 7–day average (Reynolds et al., 2007). SSH
data are obtained from Aviso Ssalto/Duacs gridded multimission altimeter absolute dynamic
topography mapped onto a 1/4∘× 1/4∘ horizontal grid provided daily. The actual temporal
and horizontal resolution for this SSH product is less than the 10 day repeat cycle and
the nominal 250 km spacing between the tracks for a altimeter satellite, which means this
product should resolve TIW signals.
3.2.3 Reanalysis Data
The Simple Ocean Data Assimilation (SODA) reanalysis product (Carton and Giese, 2008)
is used to calculate input parameters for the model described in Section 3.2.4. Drenkard and
Karnauskas (2014) showed that an earlier version of SODA (2.2.6) reproduced the Pacific
Equatorial Undercurrent (EUC) well when compared to TAO array mooring observations.
SODA version 3.6.1 is provided with 0.1∘ latitude x 0.25∘ longitude resolution in 5 day
increments and covers the 2009 – 2014 time period used here. Data are binned into 10 m
vertical bins from the surface to 500 m depth. This resolution is sufficient to resolve 30 day
TIW periods and 1200 km wavelengths.
3.2.4 Equatorial 𝛽-plane Wave Model
The relationship between frequency and wavenumber for Rossby waves in a spatially and
temporally uniform zonal flow on an equatorial 𝛽-plane can be estimated as





where 𝜎 is wave frequency, 𝑘 is zonal wavenumber, 𝛽 is the meridional gradient of the
Coriolis parameter, 𝑐 is the first baroclinic phase speed, 𝑛 = 0, 1, 2... is the mode number,
and 𝑈 is constant zonal velocity. However, this approximation neglects changes in fluid
depth due to geostrophic balance with the mean zonal flow. To address this limitation,
we can estimate dispersion curves and growth rates for equatorial waves using a 1.5-layer
numerical model that solves the equations of motion linearized about a mean zonal flow,
based on Proehl (1998) and Lyman et al. (2005). We solve for wave solutions to 𝑢, 𝑣, and
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𝑝 of the form 𝑢 = ?̃?𝑒−(𝑘𝑥−𝜎𝑡). The lower layer is assumed to be motionless, while a mean
zonal flow (𝑈(𝑦)) exists in the upper layer. The fluid is assumed to be linear, Boussinesq,
incompressible and hydrostatic in an ocean with a rigid lid and flat bottom. The model
formulation is described in detail in Appendix 3.A.
The mean zonal current in the upper layer is calculated from SODA reanalysis data.
Zonal velocity from SODA is averaged over June 2010 (just prior to a period of strong TIW
activity), 120∘W – 93∘W, and from the surface to the depth of the upper model layer (𝐻0).
The resulting function 𝑈(𝑦) and related parameters are shown in Figure 3-21 (red curves).
3.3 Three-Dimensional TIW Signal via Argo Observations
3.3.1 Spectral Analysis Methods
We use spectral analysis to examine the three-dimensional structure of TIWs over 10∘S –
10∘N latitude, 150− 280∘ longitude and 0 – 200 m depth. Figure 3-3 shows the evolution of
Roemmich and Gilson (2009) mapped temperature anomaly in the equatorial Pacific. The
mapped Argo data can resolve TIW-like propagation throughout the chosen time period,
although results may be filtered due to the objective mapping procedures of Roemmich and
Gilson (2009). Westward propagating signals with periods near 30 days can be seen in all
panels of Figure 3-3, particularly in the high-pass filtered panel 3-3d. Notably, there is clear
temporal variation in the strength of the propagating features (Figure 3-3a). The following
analyses rely primarily on spectral analysis, so these ENSO modulated temporal variations
(Yu and Liu, 2003) are not addressed in detail.
Frequency, zonal wavenumber and zonal wavenumber-frequency spectra are individually
calculated at each point in the domain over individual time series for each latitude-longitude-
depth coordinate for frequency spectra, over the longitude range at each latitude-depth-
time coordinate for wavenumber spectra, and over time and longitude at each latitude-
depth coordinate for wavenumber-frequency spectra. Spectra are calculated from the full
temperature or potential density field including annual and seasonal cycles, with the mean
and linear trend removed. To calculate frequency spectra, data are separated into yearly
segments for segment-averaging. As an example, temperature spectra are calculated at 225∘
longitude and the depth of the thermocline based on Figure 3-4b. A peak at a period of
33–days (0.03 cpd frequency) can be seen in Figure 3-5b, confirming that at this location,
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Figure 3-3: Hovmöller plots of Argo temperature anomaly at 6∘N averaged over 90− 150 m
depth. The time axis includes (a, b) the full available range of dates and (c, d) a subset of
dates, denoted in dashed horizontal line in (a) and (b). No filtering has been done in panels
(a) and (c). A 100-day high-pass filter has been applied to the data shown in panels (b) and
(d). The dashed, vertical line in (d) indicates 225∘ longitude. All data are from the from
the Roemmich and Gilson (2009) objective mapping of Argo profiles.
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Figure 3-4: Temperature (left side) and temperature anomaly (right side) averaged over
2009 – 2014 from the objective mapping of Argo data Roemmich and Gilson (2009). The
temperature field includes the sum of temperature anomaly, annual temperature anomaly,
and temperature mean. The Roemmich and Gilson (2009) temperature anomaly removes
seasonal and annual harmonics calculated from the 2004 – 2014 climatology.
objectively-mapped Argo data is capable of resolving 30 day TIW periods. The confidence
interval indicates that this peak is marginally significant, and that at this location there is
no significant 17 day period peak. It is unlikely that objectively mapped Argo data will
be able to resolve TIWs with periods below 20 days due to the standard 10 day profiling
interval of Argo floats unless multiple floats are located in the same region at the same time.
Additionally, 17-day TIWs have been observed primarily in meridional velocity (Lyman et al.,
2007), which is not measured by Argo. The spectrum calculated from the full temperature
field shows a significant peak near 1250 km zonal wavelengths (Figure 3-5d).
In the next sections, spectra like those in Figures 3-5b and 3-5d are calculated at each
point and then integrated over frequency or wavenumber and averaged over various dimen-
sions to visually represent the three-dimensional TIW signal.
3.3.2 Structure via Temperature and Salinity Observations
To further validate the use of Argo observations to examine TIW structure, Argo data near
the surface are compared to GHRSST observations. The depth closest to the surface in the
Roemmich and Gilson (2009) mapping is 2.5 dbar, so this is used to compare to satellite
observations. Both Argo (at 2.5 dbar) and GHRSST (at the surface) show a similar spatial
pattern of temperature variance (Figure 3-6) when spectral density is integrated over all
frequencies. The magnitude of the total variance captured by GHRSST observations is
consistently higher over the spatial domain (Figure 3-6c). Figure 3-7 shows similar spatial
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Figure 3-5: (a) Argo temperature timeseries over a subset of the 2009 – 2014 time range
for 6∘N, 225∘ longitude, and averaged over 110 − 120 m depth, approximately the depth of
the thermocline at this longitude per Figure 3-4. (b) Band-averaged frequency auto-spectral
density of the time series in (a), with vertical, dashed line denoting a 34 day period. (c)
Argo temperature versus longitude at 6∘N and averaged over 110− 120 m depth. (d) Band-
averaged wavenumber auto-spectral density of the temperature-longitude plot in (c), with
vertical, dashed line denoting 1250 km wavelength. Confidence intervals for (b) and (d) are
included.
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Figure 3-6: Total spectral variance of (a) Roemmich and Gilson (2009) Argo temperature
and (b) GHRSST surface observations. Spectra are calculated at each latitude-longitude
coordinate over 2009 – 2014, on the 2.5 dbar Argo pressure surface or GHRSST ocean
surface, and integrated over all frequencies. The difference of the variances between the two
sets of observations (a) minus (b) is shown in (c).
patterns of variance over the same spatial range in Argo temperature and GHRSST, however,
spectral density is integrated over frequencies corresponding to 15 – 50 day periods only.
In this specific frequency band, the variance captured by the Roemmich and Gilson (2009)
product is nearly a factor of two higher than that of GHRSST. This discrepancy is likely due
to differences in temporal resolution of observations and in mapping technique: GHRSST
maps the satellite data in space and time while Roemmich and Gilson (2009) only map Argo
data in space.
Per McPhaden (1996), temperature variance in the TIW band along 140∘W is due to
meridional and vertical advection in regions of non-zero temperature gradient. Consistent
with those findings, patterns that arise in variance of Argo temperature across all longitudes
are of greater magnitude than and very different from those of salinity. Advection of tem-
perature or salinity requires the presence of both a non-zero gradient and a cross-gradient
velocity. Although Argo doesn’t observe current velocity, advection is supported by contours
showing temperature and salinity gradient, respectively, in Figures 3-8 and 3-9. The temper-
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Figure 3-7: As in Figure 3-6, but for variance of only 15 – 50 day periods.
ature plots show a clear correlation between 15 – 50 day variance and temperature gradient
in each of the three dimensions. The salinity plots show a less clear correlation, however, the
only peaks that are significant when compared to the confidence interval are those near 280∘
longitude (Figures 3-9a and 3-9b) and those near the surface in Figure 3-9c. Each of these
is located in a region of high salinity gradient. To examine the three-dimensional structure
of TIWs, a property more directly related to TIW dynamics is preferred.
3.3.3 Structure via Potential Density
Spectra are estimated from potential density calculated using Argo objectively mapped
temperature and salinity data. Temperature is the dominant property in most locations
in this region, however, salinity also impacts the 15 – 50 day variance. Since the zonal
record length (the width of the Pacific) is small compared to TIW wavelengths, three-
dimensional structure of TIWs can only be examined using frequency spectra. However,
wavenumber-frequency plots will also be used to compare properties of the propagating
waves to theoretical predictions.
Variance in the TIW band is strongest in the thermocline at depths of 80 m and 120 m
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Figure 3-8: Spectral variance of Argo temperature in the 15 – 50 day band and averaged over
(a) pressure, (b) latitude and (c) longitude shown in color shading. The contours (black)
show temperature gradient: (a) 𝜕𝑇/𝜕𝑦, (b) 𝜕𝑇/𝜕𝑧, and (c) 𝜕𝑇/𝜕𝑦 in ∘C per degree latitude
in (a) and (c) and in ∘C per dbar in (b).
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Figure 3-9: As in Figure 3-8, but for salinity spectra and gradients. The contours show
meridional salinity gradient (𝜕𝑆/𝜕𝑦) in psu per meter.
(Figures 3-10c and 3-10d, Figure 3-12). Moving westward, the region of strongest variance
of potential density in the TIW band increases in depth, consistent with the deepening of
the thermocline in the western Pacific. A minimum in variance along the equator in the
TIW band and maxima near 6∘N and 2∘S are present in panels (b) – (e). Smallest variance
out of the latitudes shown occurs at the equator, while the largest variance occurs at 6∘N.
This is consistent with previous studies (e.g., Périgaud , 1990; Farrar , 2008, 2011) at the
surface using SSH observations (Figure 3-11). This meridional asymmetry is a reflection of
asymmetry in vertical and horizontal shear associated with the equatorial current system
(e.g., Philander , 1978; Yu et al., 1995; Lyman et al., 2005; Farrar , 2008). The pressure
signal of baroclinic modes also defines the associated vertical structure of horizontal velocity
(Pedlosky , 1987c). Since the spectral signal is associated with advection of potential density
in regions of high potential density gradient, this asymmetry in the baroclinic modes of
horizontal velocity will appear in the spectral variance of potential density in the TIW
band.
This pattern is retained at depths between 0 and 200 m, particularly between 190∘ and
270∘ longitude. Aviso SSH data shows a peak in spectral variance also between 190∘ and
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Figure 3-10: Average spectral variance of Argo potential density in the 15 – 50 day band at
five different depths: (a) 2.5 m, (b) 40 m, (c) 80 m, (d) 120 m, and (e) 160 m.
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Figure 3-11: Spectral variance of AVISO SSH surface observations in the TIW period band.
Spectra are calculated at each latitude-longitude coordinate over 2009 – 2014 and integrated
over frequencies corresponding to 15 – 50 day periods.
270∘ longitude. Minima are seen at the equator, although the mapped Argo resolution
shows this less clearly than the higher resolution Aviso observations (Figure 3-13b). Peaks
in variance tend to follow the thermocline, with notable maxima near 6∘N and 2.5∘S. At
250∘ longitude (Figure 3-13d), the thermocline shoals enough that the variance in the TIW
band reaches the surface, consistent with SST observations. Notably, there is a TIW signal
north of the equator at 280∘ longitude, east of the Galápagos Archipelago.
3.3.4 Tropical Instability Wave Dynamics
We consider the variance distributed in both frequency and wavenumber to justify the
association of 15 – 50 day variance of Argo potential density with TIW propagation. Figure
3-14 shows the mean zonal wavenumber-frequency spectrum averaged over 10∘S – 10∘N and
0 – 200 m depth. The peak at 0.03 cpd frequency corresponds to TIW-like wavenumbers
(wavelengths near 1250 km). There is also a ridge at 0.03 cpd with zero wavenumber,
consistent with a red spectrum. When high-variance latitude bands at the depth of the
thermocline are considered, for example, 5∘N – 8∘N and 90 – 200 m, the spectral peak
at TIW wavelengths becomes significantly stronger when compared to the 95% confidence
interval (Figure 3-15). Variance seen in these regions is due to TIW propagation, primarily
with periods between 25 and 35 days and wavelengths between 1000 and 1600 km.
Following Farrar (2011), theoretical dispersion curves for equatorially-trapped waves
are compared with the zonal wavenumber-frequency spectra of Figures 3-14 and 3-15. In
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Figure 3-12: Average spectral variance of Argo potential density in the 15 – 50 day band at
five different latitudes: (a) 6∘N, (b) 3∘N, (c) 0∘, (d) 3∘S, and (e) 6∘S.
104
Figure 3-13: Average spectral variance of Argo potential density in the 15 – 50 day band at
five different longitudes: (a) 160∘, (b) 190∘, (c) 220∘, (d) 250∘, and (e) 280∘.
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Figure 3-14: Log-log zonal wavenumber-frequency diagram of 2-D, spectral density of poten-
tial density over the domain 10∘S− 10∘N, 150∘ − 280∘ longitude, and 0− 200 dbar pressure
from 2009 − 2014. Spectra are averaged over all latitudes and depths in the domain. The
95% confidence interval is indicated by two horizontal lines on the colorbar. Black, solid
line is the first mode Kelvin wave. Dashed, black lines are the 𝑛 = 0, 1, 2 modes of Equation
3.1 with 𝑈 = 0.17 m s−1. Black asterisk line is the fastest growing mode from Lyman et al.
(2005). Gray asterisk line is the fastest growing mode from the 1.5-layer model.
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Figure 3-15: As in Figure 3-14, but averaged over 5∘N − 8∘N and 90 − 200 dbar pressure.
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this study, dispersion curves calculated via the 1.5-layer equatorial 𝛽-plane model (linearized
about a mean zonal flow, 𝑈(𝑦)) are compared to dispersion curves from Lyman et al. (2005),
Rossby waves in a mean zonal flow (Equation 3.1), and the the observed wavenumber-
frequency spectra.
The 𝑛 = 0 and 𝑛 = 1 dispersion curves based on Equation 3.1, with 𝑈 = 0.17 m s−1 align
with the major peak at 33 days and 1250 km and also the secondary peak near 66 days and
1250 km. However, the mean flow over the domain at which we estimate spectra is westward,
not eastward, indicating additional dynamics that incorporate the meridional variation in
the equatorial current system are necessary to describe TIWs. The fastest-growing mode
of the 1.5-layer model with mean zonal current obtained from SODA reanalysis occurs at
wavelengths near 750 km and periods near 35 – 40 days (Figure 3-16). The discrepancy
in wavelength between this estimate and that of Figures 3-14 and 3-15 is likely due to the
barotropic nature of the 1.5-layer model. As the observed spectra have a peak near 1250 km
and 33 days, the Lyman et al. (2005) estimate, incorporating baroclinic dynamics, aligns
well with the spectral results from Argo data. This is consistent with the results of Farrar
(2011) using SSH.
Lyman et al. (2005) note that the dispersion relation that results from an equatorial
𝛽-plane model are sensitive to the mean zonal background current. The 1.5-layer model
is used to compare the resulting dispersion curves from the SODA average zonal current
over June 2010 to that of the 2009 – 2014 average and the July 2005 average. While the
June 2010 zonal current results in TIW periods of 35 – 40 days (Figure 3-16), the July 2005
current estimates periods near 50 days over similar wavelengths. The 2009 – 2014 average
produces a fastest growing mode with negligibly small growth rates. While Lyman et al.
(2005) estimate a dispersion curve for TIWs that is consistent with Argo observations, the
1.5-layer model suggests that this estimate is likely sensitive to the mean zonal flow that
occurs just prior to individual time periods of TIW propagation.
Similarly, the meridional structure of the 33 day, 1250 km mode from Lyman et al. (2005)
is comparable to that of the spectral variance of Argo potential density (Figure 3-17). Both
show a minimum near the equator, a local maximum south of the equator, and a stronger
maximum north of the equator. However, those maxima are shifted poleward in the Argo
data compared to the model results of Lyman et al. (2005). As dispersion curve model
results are sensitive to 𝑈(𝑦), it is possible that differences are due in part to variations in
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Figure 3-16: (a) Dispersion curves resulting from the 1.5-layer, equatorial 𝛽-plane model of
Appendix 3.A with 𝑈(𝑦) from June 2010 SODA reanalysis. The fastest growing mode is
highlighted in red. (b) Growth rate of the fastest growing mode in (a).
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Figure 3-17: Spectral variance of Argo potential density averaged over 150∘−280∘ longitude,
and 0−200 dbar pressure and normalized meridional mode of the fastest growing mode from
Lyman et al. (2005).
110
Figure 3-18: (a) 𝑁2 calculated from WOA data (Boyer et al., 2013) and Argo data Roemmich
and Gilson (2009). First and second vertical baroclinic modes calculated from Argo data for
(b) horizontal velocity and pressure and (c) vertical velocity. (d) Argo 𝑁2 profile compared
to average potential density variance in the 25 – 35 day period band and 50 – 60 day period
band, consistent with two peaks with wavelengths near 1200 km in Figure 3-15. Profiles
in (d) are normalized to fall between 0 and 1. All profiles are averaged over 10∘S − 10∘N,
150∘ − 280∘ longitude.
𝑈(𝑦) between SODA and the zonal velocity data used in Lyman et al. (2005). However,
the maxima in spectral variance of Argo potential density occur near maxima in potential
density gradient, indicating the differences in maxima may reflect the propagation of TIWs
through non-zero potential density gradients. Despite these differences, the consistency
between Argo and the results of Lyman et al. (2005) indicate that TIWs observed between
0-200 m in Argo observations are likely due to a resonance between Rossby waves, impacted
by the strong zonal equatorial current system.
The spectral TIW signal seen in potential density, temperature or salinity is caused
by either horizontal or vertical advection of those properties by TIWs in regions where an
associated gradient exists. The expected TIW vertical structure can be determined by calcu-
lating the first two baroclinic modes of horizontal (Figure 3-18b) and vertical (Figure 3-18c)
velocity obtained from the numerical solution of the vertical structure equation described









where 𝑁2 is the Brunt-Väisälä frequency, 𝑔 is the acceleration due to gravity, 𝜌0 is the water
parcel density, and 𝜕𝜌(𝑧)/𝜕𝑧 is the vertical density gradient of the water column. Argo data
only covers 0 – 2000 m depth, while the WOA data extends down to 5000 m depth. The
Argo mean 𝑁2 profile is extended to the WOA maximum depth by using WOA data for 2000
– 5000 m depth. This modified Argo profile also uses WOA data for the top 10 m depth due
to limitations in Argo sampling near the surface. The first two baroclinic modes in vertical
and horizontal velocity using WOA and Argo data are similar despite differences in 𝑁2
profiles near 100 m depth. The spectral variance in the first and second baroclinic Rossby
wave frequency bands closely follow the normalized 𝑁2 profile (Figure 3-18b) rather than
the baroclinic modal solutions. This is possibly a result of two mechanisms: 1) observing
a wave signal that depends on the advection of potential density, reflected in the vertical
density gradient in Equation 3.2, or 2) vertical structure of equatorial waves is modified by
the presence of a mean zonal flow (McPhaden et al., 1987), with a result that is similar in
shape to that of 𝑁2. An approach that utilizes a direct dynamical connection to TIWs, such
as isopycnal heave, may result in a clearer depiction of the vertical structure of TIWs that
is more consistent with the baroclinic modes.
3.3.5 Resolution and Error
The Roemmich and Gilson (2009) mapped data does not include an objective mapping error
estimate; however, Gasparin et al. (2015) compute an objectively mapped equatorial Pacific
dataset consistent with the procedures and resolution of Roemmich and Gilson (2009) that
includes the time domain, estimates of mapping error, and an improved objective mapping
spatial covariance function (Figure 3-19). Although it is not directly applicable to the data
used in this analysis, the objective mapping error can be used to provide a starting point for
understanding error in the Roemmich and Gilson (2009) data. Mean error for the Gasparin
et al. (2015) data over the 2004 – 2014 record, in % of variance, remains below 30% over
the spatial domain of interest.
3.4 Conclusion
The Roemmich and Gilson (2009) objectively mapped Argo product provides a gridded set
of observations convenient for spectral analysis of Tropical Instability Waves. This product
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Figure 3-19: Temperature (upper plots), temperature anomaly (middle plots) and inter-
polation error (% of variance) from the objective mapping of Argo data (Gasparin et al.,
2015). The temperature field includes the sum of temperature anomaly, annual temperature
anomaly, and temperature mean.
is used to observe the three-dimensional structure of TIWs using temperature, salinity, and
potential density across the equatorial Pacific from the surface to 200 m depth. Spectral
variance of Argo observations at the surface are consistent with SST and SSH measurements
from GHRSST and Aviso (Figures 3-6 and 3-7).
The nature of Argo allows for the extent of these observations to expand to the subsur-
face region. Strong TIW signals are seen along the thermocline, deepening as they propagate
westward (Figure 3-12). Zonal wavenumber-frequency diagrams (Figure 3-15) in regions of
strong TIW signal at the depth of the thermocline show a significant spectral peak that is
consistent with the dispersion curve of Lyman et al. (2005). The vertical profile of merid-
ional and vertical wave amplitude follow the 𝑁2 profile for this region. Another dynamical
approach to using Argo data to observe the three-dimensional structure of TIWs would be
to repeat this type of analysis using isopycnal heave, rather than potential density. The
available gridded Argo datasets do not have sufficiently high vertical resolution to resolve
relatively small changes in isopycnal depth, requiring the use of a new gridded product that
maps individual Argo profiles onto isopycnals rather than pressure surfaces. A future study
will use a similar approach to observing the vertical structure of TIWs by applying the tech-
niques of this study to isopycnal heave rather than advection of potential density, providing
a direct dynamical link between TIW propagation and observations.
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3.A Equatorial 𝛽-plane Model
The equatorial 𝛽-plane model is two-dimensional in the meridional direction (𝑦) and depth
(𝑧). Input parameters include:
∙ 𝑦maxand 𝑦min: northern and southern boundaries of the domain in distance (km) from
the equator
∙ 𝛽(𝑦): the variation of the Coriolis parameter with latitude, 𝜕𝑓𝜕𝑦
∙ 𝑈(𝑦, 𝑧): the mean zonal flow, 𝑈0(𝑦) (upper layer, as a function of latitude) and 𝑈1 = 0
(lower layer)
∙ 𝜌*: mean density in the upper layer
∙ 𝑘: zonal wavenumber







as a function of latitude
Additional problem specifications:
∙ 𝑈0(𝑦) and 𝜌* are calculated by integrating SODA reanalysis zonal velocity over a
chosen depth (see Section 3.A.2 and Figure 3-21b).
∙ 𝑤′ = 0 at top and bottom boundaries (rigid lid, flat bottom)
∙ Density (𝜌) can be represented as 𝜌𝑡𝑜𝑡𝑎𝑙(𝑥, 𝑦, 𝑧, 𝑡) = 𝜌* + 𝜌0(𝑦, 𝑧) + 𝜖𝜌′(𝑥, 𝑦, 𝑧, 𝑡) where
𝜌0 weakly varies with 𝑦 compared to 𝑧 or 𝜌0(𝑦, 𝑧) ≈ 𝜌0(𝑧) + 𝜖𝜌0(𝑦, 𝑧) (Proehl , 1998).
∙ 𝑣′ = 0 at the northern and southern boundaries.
∙ 𝑢, 𝑣, 𝑝, and 𝜌 below refer to the amplitude of the perturbation (wave) quantities and
the prime notation is dropped. For example, the zonal velocity wave function can be
written as 𝑢′(𝑥, 𝑦, 𝑡) = ?̃?(𝑦)𝑒𝑖(𝑘𝑥−𝜎𝑡). After this point, 𝑢 refers to the ?̃?(𝑦) part of the
wave solution. The 𝑧-direction is not included in the perturbation solution as this is
a 1.5-layer model. 𝑢, 𝑣, and 𝑝, are functions of 𝑦.






3.A.1 Eigenvalue Problem Derivation
The following describes the formulation of the eigenvalue problem that is solved numerically.





























































Assuming 𝑢, 𝑣, and 𝑝 are proportional to 𝑒𝑖(𝑘𝑥−𝜎𝑡), taking derivatives and rearranging:
−𝑖𝜎𝑢 + 𝑖𝑘𝑈0𝑢 +
𝜕𝑈0
𝜕𝑦
𝑣 − 𝛽𝑦𝑣 = − 𝑖𝑘
𝜌*
𝑝 (3.9)

















































































Integrating Equation 3.17 with respect to 𝑧 is equivalent to multiplying by 𝐻(𝑦) since
this is 1.5-layer model with upper layer depth 𝐻(𝑦). Also, 𝜌0 is weakly varying in 𝑦, so∫︀ 0
−𝐻
𝜕𝜌(𝑦,𝑧)














The second term in Equation 3.18 can be written using integration by parts in 𝑦 and

















































𝑝 = 𝜎𝑢 (3.22)
















+ 𝑘𝑈0𝑝 = 𝜎𝑝 (3.24)
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Parameter Value
𝜌1 1025.0 kg m−3
𝜌2 1028.0 kg m−3
𝑔′ 0.029 m s−2
𝐻0 240 m
Table 3.1: Input parameters for 1.5-layer, equatorial wave model


























The model consists of solving this eigenvalue problem for a specified 𝑈(𝑦). A offset
𝑣-grid is chosen in order to remain consistent with boundary conditions 𝑣 = 0 at 𝑦max and
𝑦min, with 𝑢 and 𝑝 coincident, and 𝑣 located in the middle of 𝑢, 𝑝 points (Figure 3-20). This
gives 𝑁 grid points for 𝑣 and 𝑁 +1 grid points for 𝑢 and 𝑝. The boundary conditions, 𝑣 = 0
at the northern and southern boundaries, are implemented outside the domain at ghost 𝑣
grid points. The resultant eigenvalues consist of a real part and imaginary part, where the
real part corresponds to the wave frequency and the imaginary part to the growth rate of
each meridional mode. The resultant eigenvectors consist of 3𝑁 +2 elements, corresponding
to the wave amplitude 𝑢(𝑦), 𝑣(𝑦), and 𝑝(𝑦) eigenvectors concatenated together. These give
the meridional structure of the wave solutions to the system corresponding to each wave
frequency.
3.A.2 Model Input Parameters
The model is run with meridional boundaries at 10∘S and 10∘N with a meridional resolution
of 1∘. Potential density is calculated from SODA reanalysis data. Time and longitude ranges
over which potential density is averaged are chosen to correspond to regions of high TIW
activity. The longitude range of 120∘W – 93∘W extends from near the middle of the region
of high spectral energy in the 30-day band to just west of the Galápagos Archipelago. The
time period of June 2010 corresponds to the beginning of a strong TIW period, chosen via
qualitative assessment of Figure 3-1.
117
Figure 3-20: Grid used to solve the equatorial 𝛽 plane eigenvalue problem with 𝑣 = 0 at
the 𝑦 boundaries. The number of 𝑣 grid points is 𝑁 , and the number of 𝑢, 𝑝 grid points
is 𝑁 + 1. Squares indicate 𝑣 grid points and circles correspond to 𝑢 and 𝑝 points. The
boundary conditions are implemented using ghost points outside the domain at 𝑣𝐺 = 0.
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We estimate upper and lower layer density (𝜌1 and 𝜌2) by taking the average potential
density over the latitude range used in the model, the chosen time period and longitude
range, and over the nominal depth of the appropriate layer (0−𝐻0 and 𝐻0− bottom for the
upper and lower layers, respectively). These are used to calculate reduced gravity (Equation
3.3).
To check the validity of these parameters, the radius of deformation is calculated at
both the equator (Equation 3.27) and at the limits of the meridional domain, 10∘S and











Given the parameters in Table 3.1, the calculated deformation radii are 𝑅𝑟𝑛 = 110 km and
𝑅𝑒𝑞 = 320 km, consistent with the World Ocean Atlas values for the associated latitudes
(Boyer et al., 2013).
The gradient of 𝑈(𝑦) is calculated by taking the finite difference of adjacent 𝑈(𝑦) at 𝑢, 𝑝
grid points (Figure 3-21d). These are linearly interpolated to find 𝑈(𝑦) at 𝑣 grid points.
The gradient of 𝐻(𝑦) is calculated from geostrophic balance applied to the mean zonal flow
per Equation 3.29.


















𝑑𝑦 + 𝐻0. (3.30)
3.A.3 Numerical Methods
The eigenvalue problem defined by Equation 3.25 is solved at each zonal wavenumber (𝑘)
using MATLAB 2012b’s eig.m function. Each term in Equation 3.25 actually represents a
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sub matrix with dimensions 𝑁 ×𝑁 (middle row, 𝑣) or 𝑁 + 1×𝑁 + 1 (top and bottom rows,
𝑢 and 𝑝), due to their 𝑦-dependence. The eigenvalues and eigenvectors, although associated
with each other, are not explicitly sorted in any particular order. In order to associate the
maximum growth rate curve with an eigenvector, the results of eig.m are sorted to maintain
consistency from one 𝑘 step to another.
Boundary conditions are implemented within the finite difference approximations at the
ends of the meridional domain where 𝑣 = 0. In Equation 3.25, 𝑝 rows contain a 𝜕𝑣/𝜕𝑦 term.
Away from the northern and southern limits of the domain, that term is expressed at each
𝑢, 𝑝 gird point using the form of Equation 3.31.
𝜕𝑣
𝜕𝑦
≈ 𝑣𝑛 − 𝑣𝑛−1
∆𝑦
(3.31)
At the boundaries, 𝑣0 = 0 and 𝑣𝑁+1 = 0, where 𝑣 has 𝑛 = 1, 2, 3...𝑁 − 1, 𝑁 elements and
𝑣0, 𝑣𝑁+1 are ghost points and lie outside of the domain. For 𝑝1 and 𝑝𝑁+1, the 𝜕𝑣/𝜕𝑦 terms
become Equations 3.32 and 3.33, respectively.
𝜕𝑣
𝜕𝑦 north





≈ 𝑣𝑁 − 0
∆𝑦
(3.33)
Similarly, the 𝑣 rows of Equation 3.25 contain a 𝜕𝑝/𝜕𝑦 term. Since all 𝑣 grid points lie
between 𝑢, 𝑝 grid points, no boundary conditions are necessary and the derivative can be
approximated at all 𝑣 grid points using Equation 3.34.
𝜕𝑝
𝜕𝑦
≈ 𝑝𝑛 − 𝑝𝑛−1
∆𝑦
(3.34)
For non-derivative terms multiplied by a quantity on a different grid (for example, the −𝑖𝛽𝑦
term of the second row on the 𝑣 grid, multiplied by 𝑢), the mean of the values of the
surrounding offset grid points is taken, as in Equation 3.35 at grid point 𝑣𝑛.






At the edges of the domain, 𝑣 ghost points are used as in the differentiation case (Equation
3.31).
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Figure 3-21: Model input parameters for the equatorial 𝛽 plane eigenvalue problem: (a)
Variation from 𝐻0 = 240 m in the mean first layer depth (𝐻(𝑦)), (b) mean zonal current,
𝑈(𝑦) as calculated from SODA, (c) variation of the mean first layer depth with latitude,
𝜕𝐻
𝜕𝑦 (𝑦), and (d) variation of the mean zonal current with latitude,
𝜕𝑈
𝜕𝑦 (𝑦). The zero mean
zonal current case is shown in blue, and the mean zonal current calculated from SODA is
shown in red.
3.A.4 Equatorial 𝛽-plane Wave Model Validation
The mean zonal current is initially taken to be zero (Figure 3-21, blue curves), to confirm that
the model reproduces well known solutions to the 𝑈(𝑦) = 0 equatorial wave problem (e.g.,
Matsuno, 1966). Analytic solutions to Equations 3.9 – 3.13 closely match the eigenvalue
solution with 𝑈(𝑦) = 0 (Figure 3-22). Brunt-Väisälä frequency profiles calculated using
both Argo data and the World Ocean Atlaas data (Boyer et al., 2013) are compared in
Figure 3-18a. The profiles are sufficiently close to expect similar results for modal phase
speeds from vertical mode calculations.
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Figure 3-22: Dispersion curve and growth rate plots from the solution of the 𝑢, 𝑣, 𝑝 eigenvalue
problem with 𝑈(𝑦) = 0 are shown in black line. Blue stars indicate well-known analytic
solutions to the 𝑈(𝑦) = 0 problem for the 𝑛 = 0, 1, 2 cases. The growth rate for this case is




The Galápagos Cold Pool, just west of the Galápagos Archipelago, is a region of cold SST
maintained by upwelling associated with the equatorial current system. GCP variability
is potentially impacted by changes in the EUC and SEC, and the passage of TIWs. Prior
to the ROGER program, high-resolution, subsurface observations of temperature, salinity,
and velocity over a multi-year period were not available in this region. While ocean gliders
are commonly used to measure subsurface temperature, salinity, and pressure, Spray glid-
ers used during ROGER additionally measured horizontal currents relative the the gliders
which, combined with the horizontal surface displacement over the dive, provides vertical
profiles of absolute horizontal velocity for each dive (Todd et al., 2017). These observations
eliminate the need to rely on estimates of geostrophic velocity from density measurements
at the equator where geostrophy fails, and include ageostrophic currents. The deployment of
ROGER gliders during 2013 – 2016 provides unprecedented, high spatial resolution, subsur-
face observations of a range of ocean processes in an interesting, dynamic region. The unique
capabilities of Spray gliders allow us to observe the path of the EUC as it reaches the Galá-
pagos Archipelago, estimate horizontal transport and upwelling, consider the conservation
of Ertel Potential Vorticity and a Bernoulli function, and characterize instabilities diagnosed
from the average Ertel potential vorticity field. We then use the gridded Argo product from
Roemmich and Gilson (2009) to examine spectral variance of TIWs in three-dimensions.
In Chapter 1, glider measurements of current velocity during the two-month time period
of April – May 2016 show that the EUC bifurcates into two branches that advect EUC
water north and south of the Galápagos Archipelago (Figures 1-5 and 4-1). These branches
have similar velocity magnitude and similar volume transport. Depth-integrated horizontal
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Figure 4-1: Schematic of upwelling and the bifurcation of the EUC in the region west of the
Galápagos Archipelago.
transport is 3.6 ± 0.7 Sv out of the volume (𝑉𝑔𝑙), indicating net upwelling over the upper
300 m. At each depth level, net horizontal transport is not generally zero (Figure 1-7b).
Integrating net horizontal transport from the surface results in an estimate of average vertical
velocity over 𝐴𝑔𝑙. A local maximum of (1.7 ± 0.6) × 10−5 m s−1 exists at a depth of 25 m.
This value is comparable to general equatorial upwelling within 2∘ latitude of the equator.
As our estimate of vertical velocity is an average over 𝐴𝑔𝑙, we expect higher values of vertical
velocity in the region very close to the Galápagos Archipelago where SST reaches a minimum
(Figure 1-1). Upwelling reaches a maximum value of (8.0 ± 1.6) × 10−5 m s−1 near 300 m.
This implies that water upwelled into 𝑉𝑔𝑙 at 300 m depth is a result of wind- and current-
driven dynamics relating to the net divergence in the upper 300 m.
We estimate the bifurcation latitude of the EUC to be 0.4∘S during April – May 2016
from volume transport as a function of salinity class in Chapter 1. In Chapter 2, this value
is estimated to be 0.32∘S during March – April 2015. As these estimates are close to the
latitude of the center of the Galápagos Archipelago (0.4∘S), it is likely that the bifurcation of
the EUC into two branches is primarily topographically driven by the position of archipelago.
As the EUC meanders about an average meridional position, transport south or north of
the archipelago varies depending on the position of the EUC with respect to the bifurcation
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latitude. When the average position of the EUC is south of the bifurcation latitude, the
south branch of the EUC transports a greater amount of water originating from the EUC
south of the archipelago.
Velocity, temperature, and salinity sections enable us to construct high-resolution relative
vorticity sections just west of the Galápagos Archipelago, which provide estimates of EPV
(Chapter 2) that include both the geostrophic and ageostrophic contributions to velocity.
Stevens (1983) show that a Guassian jet centered just off the equator can result in EPV
having sign opposite to that of the Coriolis parameter between the core of the jet and the
equator. This model can be considered an approximate representation of the EUC, which
has an average meridional position of about 0.2∘S (Johnson et al., 2001). In Chapter 2,
time-average sections of EPV estimated from glider measurements indicate EPV with sign
opposite to that of the Coriolis parameter in the region between the EUC and the equator
during three-year and two-month averages. This is primarily a result of velocity gradients
that exist between the EUC and SEC.
Pedlosky (1987a) show that a 2.5-layer, inertial model explains the eastward-flowing
EUC. In the inertial model, EPV and a Bernoulli function are conserved along streamlines, as
the model assumes inviscid, adiatic, steady-state flow. Estimates of EPV and the Bernoulli
function sections along 93W and SD from glider observations, resulting from the average
position and shape of the EUC, suggest that EPV and the Bernoulli function are advected
north or south of the Galápagos Archipelago when the EUC bifurcates into two branches.
Similar patterns are noted between 93W and SD for both quantities, qualitatively indicating
EPV and the Bernoulli function are conserved along streamlines, consistent with the inertial
theory of the EUC developed by Pedlosky (1987a). Glider measurements of temperature and
salinity are not available for the north branch of the EUC; however, we observe advection of
EPV having sign opposite to that of the Coriolis parameter south of the archipelago during
the April – May 2016 time frame. At this time, the average position of the EUC core is near
0.7∘S. When the meridional position of the EUC core is south of the bifurcation latitude,
some EPV with sign opposite to that of the Coriolis parameter that exists between the EUC
core and the equator is advected south of the archipelago.
The cross-stream gradient of the EPV field can be used to diagnose whether a necessary
condition for barotropic or baroclinic instability is met along 93W and SD. Barotropic
and baroclinic instability are considered mechanisms that generate TIWs, generated by
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shear associated with the equatorial current system. Spray glider observations provide a
unique opportunity to observe the cross-stream EPV gradient and apply these observations
to barotropic and baroclininc instability. The necessary condition for barotropic instability,
that 𝜕𝑄/𝜕𝑦 changes sign in the horizontal plane, is met during all three time periods along
93W and SD, suggesting that barotropic instability may be responsible for TIWs within
the meridional domain 2∘S – 2∘N. The necessary condition for baroclininc instability, that
𝜕𝑄/𝜕𝑦 changes sign in the vertical plane, is met in limited regions during TP2, but is less
apparent than barotropic instability.
Conditions conducive to inertial and/or symmetric instability can persist on time scales
of months to years as long as the meridional position of the EUC core is sufficiently south
(or north) of the equator, resulting in EPV with sign opposite to that of the Coriolis pa-
rameter. If the position of the EUC core is south of the bifurcation latitude, inertial and/or
symmetric instability may also exist within in the region of the south branch of the EUC.
Near the equator, the Coriolis parameter approaches zero and conditions conducive to iner-
tial and symmetric instability can result from relatively small horizontal and vertical shears,
respectively. Estimates of EPV from three-year and two-month averages of glider measure-
ments suggest that conditions conducive to inertial and symmetric instabilities associated
with the EUC and the south branch of the EUC can persist over months or years with
𝑒-folding timescales between 2 – 13 days. Vertical mixing due to symmetric instability near
the surface may impact the GCP, by mixing relatively warm surface waters with the colder
subsurface waters of the EUC. EPV estimates from glider measurements necessarily neglect
cross-track gradients, as gliders only obtain along-track measurements. The south branch of
the EUC is located along the boundary with the Galápagos Archipelago, where cross-track
gradients may not be negligible. Additionally, friction may play an important role that is
not accounted for in this analysis. Incorporating these factors could potentially result in
conditions stable to inertial/symmetric instability, particularly along the south branch of
the EUC.
In Chapter 3, we find the period and wavelength associated with TIWs from spectral
variance of Argo temperature, salinity, and potential density to be 35 days and 1250 km,
respectively (Figure 3-15). These values are consistent with those predicted by Lyman et al.
(2005), who attributes TIWs to a resonance between Rossby waves. A 1.5-layer, equatorial
𝛽-plane model resolves unstable behavior, but the fastest growing mode has a period of 40
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days and a wavelength of 750 km. The meridional structure of spectral variance of potential
density in the TIW band is similar to the meridional structure predicted by Lyman et al.
(2005); however, maxima in spectral variance occur farther poleward in Argo observations
compared to maxima predicted by Lyman et al. (2005). This may be partially attributed high
potential density gradients where maxima are observed and to the sensitivity of the model
to the mean zonal flow, which varies depending on the equatorial current system. Spectral
variance in the TIW band extends to 200 m depth and potentially deeper, following the 𝑁2
profile observed by Argo. This implies that TIWs have the potential to impact upwelling
just west of the Galápagos Archipelago directly or via interaction with the EUC.
Implications of Results
The GCP is likely maintained by upwelling, vertical mixing, or a combination of these.
Glider observations show that the two branches of the EUC transport approximately all of
the volume around the Galápagos Archipelago. There is sufficient uncertainty in the branch
transports so that the EUC likely supplies anomalously cold SST of the GCP. Convergence
of the EUC as it approaches the archipelago results in enhanced positive vertical velocity
above the EUC core and decreased vertical velocity below the EUC core. Vertical spreading
of the two branches of the EUC also results in divergence below the EUC core and increased
upwelling below 75 m. Near the surface, conditions conducive to symmetric instability
may result in vertical mixing that can impact SST associated with the GCP by mixing
warmer surfer waters with the cooler subsurface waters of the EUC. Conditions conducive
to symmetric instability are not apparent during TP1, suggesting that vertical mixing (along-
isopycnal mixing with titled isopycnals) due to symmetric instability is not responsible for
the long-term existence of the GCP. As inertial instability results in horizontal mixing, it
also is unlikely to play a primary role in the existence of the GCP. Both symmetric and
inertial instability could, however, impact the horizontal extent of the GCP.
The minimum average SST resolved by GHRSST data is near 22∘C, which corresponds
with an isotherm depth of about 20 m at the latitude of the minimum SST value. Equatorial
Ekman transport and upwelling above the EUC core could account for the existence of the
GCP during this time period, since water only needs to travel a vertical distance of 20 m
between 93W and the GCP to reach the surface. The minimum average value of SST is likely
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the result of smoothing and the limited spatial resolution of satellite observations, so may
be lower than observed. However, the estimated vertical velocity profile indicates upwelling
in the entire upper 300 m, consistent with the regional ocean model results of Karnauskas
et al. (2007), so an additional mechanism driving upwelling must be present. The section of
average meridional velocity along 93W shows a meridional divergence that extends to 300
m depth. This divergence cannot simply by balanced by convergence of the EUC as it slows
during it’s approach to the Galápagos Archipelago since the EUC is confined to the upper
150 m. The meridional divergence suggests that an additional, unknown mechanism results
in upwelling between 93W and the archipelago, with the effects of the equatorial current
system superimposed on it.
Sections of EPV and Bernoulli function appear to be qualitatively conserved between
93W and SD away from boundary currents. Since conservation of both quantities requires
inviscid, adiabatic flow, the inertial model of Pedlosky (1987a) is supported by glider obser-
vations. Models including friction tend to resolve the asymmetry in the average meridional
position of the EUC, suggesting that the structure of the EUC as an eastward flowing cur-
rent confined to the equator is an inertial process, while including frictional terms improves
the ability of the model to resolve details of the circulation.
Variability in the GCP and the equatorial current system between 2∘S and 2∘N is not
considered here. Differences in zonal velocity, EPV, and Bernoulli functions between TP1–
TP3 indicate a high amount of variability in all three quantities. This includes variability in
the meridional position of the EUC core prior to bifurcation due to the topographic barrier
of the Galápagos Archipelago. Changes in wind stress result in meanders of the EUC about
an average latitude of about 0.5∘S, which has the potential to cause the EUC to meander
to either side of the bifurcation latitude. The relative sizes of volume transport of the north
and south branches of the EUC are expected to depend on the position of the EUC with
respect to the bifurcation latitude (Figure 4-1). The eastern Pacific cold tongue may be
impacted by changes in the branches of the EUC, as it reaches the Galápagos Archipelago
from the east (Kessler , 2006).
TIWs are an additional source of variability of the GCP, due to baroclinic or barotropic
instabilities that arise from shear within the equatorial current system. The along-track
gradient of EPV meets a necessary condition for barotropic instability in the upper 100 m
along 93W and SD during all three time periods, while the necessary condition for baroclinic
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instability is met only in more limited regions during TP2. TIWs originating from these
instabilities as far east as SD could induce upwelling and downwelling during their westward
propagation through the region. Glider observations could be used in conjunction with SST
observations to examine either a TIW-related signal is apparent in the GCP.
Future Work
To further understand the mechanisms behind upwelling at the GCP, a regional ocean model
analysis could be compared to the results of glider observations. The vertical velocity esti-
mate obtained here reflects the equatorial current system during the two-month April – May
2016 time period. The trade winds are at a seasonal minimum during spring, and spring
2016 coincided with the end of the strong 2015 – 2016 El Niño, so this time period may not
be representative of a long-term average. A model analysis would also provide insight into
the temporal variability of the subsurface GCP, which was not measured directly during
ROGER. Model results could be validated through comparison with three years of glider
observations along 93W.
Temporal variability of SST associated with the GCP could be compared to variability
of the EUC from glider observations over 2013 – 2016. This would provide insight into
the relationship between the strength and position of the EUC, and the distribution and
magnitude of the GCP. A comparison of these metrics with a surface wind product would
indicate the relationship between wind- and current-driven upwelling in maintaining the
GCP.
A regional ocean model analysis could provide an estimate of the cross-track terms that
were neglected in estimating EPV, in order to better understand the error associated with
the glider EPV estimate. A simple equatorial channel model could be used to examine the
temporal evolution of the EUC with respect to inertial and symmetric instabilities, and
perhaps provide an explanation for the persistence of EPV with sign opposite to that of
the Coriolis parameter over a three-year average. Lastly, the 1.5-layer model described in
Chapter 3 should be expanded to a full 2-layer equatorial 𝛽-plane model to better capture
the mechanisms that result in TIW propagation. This expanded model could be used to
quantify the conditions that result in TIWs and the dependence of TIWs on the prescribed
mean zonal flow.
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Future work focuses on quantifying temporal variability and using model analyses to
provide broader temporal and spatial context for the high-resolution glider results presented
here. While this thesis provides insight into the path of the EUC around the Galápagos
Archipelago and mechanisms behind the GCP on two-month and three-year averages, the
equatorial current system is highly variable and has the ability to impact the GCP through
a range of mechanisms that will be better understood with further study.
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